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Abstract
The δ 18 O of ostracod valves is widely used to infer water δ 18 O and temperature. However, ostracod δ 18 O
appears sensitive to other environmental variables. In addition, there is species-dependent ostracod calcite 18
O enrichment, relative to slowly precipitated inorganic calcite under the same conditions. Together these
uncertainties complicate ostracod paleoclimate reconstructions. This study presents a new understanding of
the causes of ostracod δ 18 O variations based on a global database of published ostracod δ 18 O values in
lake, marine and coastal environments, and from culture experiments. The database includes associated field/
experiment host water parameters including temperature (−1 to 32 °C), water δ 18 O (−13.2‰ to 4.3‰
VSMOW), pH (6.9-10.4), salinity (0-72 g/kg), calcite saturation states (0.6-26), and dissolved inorganic
carbon concentration [DIC] (0.9-54.3 mmol/kg). The data show that: (1) the δ 18 O of marine and non-
marine ostracods reflects the 18 O/ 16 O of the sum of host water CO 3 2− and HCO 3 − ions. For example,
at a given temperature, the δ 18 O of non-marine ostracods decreases by 4‰ to 6‰ as [CO 3 2− ]/[DIC]
reaches 70%, depending on the ostracod species. In low [CO 3 2− ]/[DIC] settings (i.e. high HCO 3 − /CO 3
2− ), ostracod 18 O/ 16 O is close to the 18 O/ 16 O of HCO 3 − ions, which explains why on average
ostracod δ 18 O is higher than the δ 18 O of inorganic calcite precipitated slowly under the same conditions.
(2) Taxonomic offsets in ostracod δ 18 O vary with the host water [CO 3 2− ]/[DIC] . In environments
where HCO 3 − ≫ CO 3 2− (i.e. most freshwater lakes), the 18 O/ 16 O of Candonids is indistinguishable
from the 18 O/ 16 O of HCO 3 − ions (difference of 0.10 ± 0.16‰) while the 18 O/ 16 O of Cyprids is lower
than the 18 O/ 16 O of HCO 3 − ions by −0.77‰ to −0.32‰, Cytherids by −0.88 ± 0.29‰, and
Limnocytherids by −1.12 ± 0.05‰. (3) The sensitivity of ostracod δ 18 O to [CO 3 2− ]/[DIC] also varies
with taxonomy. For each percent increase in [CO 3 2− ]/[DIC] , Candonids δ 18 O decreases by −0.098 ±
0.024‰, Cyprids by −0.075 ± 0.004‰, Cytherids by −0.057 ± 0.012‰, and Limnocytherids by −0.058 ±
0.005‰. (4) The similarity in 18 O/ 16 O between ostracod calcite and the sum of host water 'HCO 3 − and
CO 3 2− ' (despite species-specific offsets) suggests rapid precipitation of a finite DIC pool in the ostracod
calcifying fluid. We propose an ostracod δ 18 O model whereby the more negative the 18 O/ 16 O of a given
species relative to the sum of CO 3 2− and HCO 3 − , the greater the isotopic equilibrium between the DIC
pool and H 2 O in the ostracod calcifying fluid. (5) Higher host water salinities and pH induce higher [CO 3
2− ]/[DIC] , resulting in lower ostracod δ 18 O, which explains the variable salinity and pH effects on
ostracod δ 18 O. Our database and ostracod δ 18 O model shows that ostracod δ 18 O records from closed
basin environments likely reflect high or variable [CO 3 2− ]/[DIC] , rather than water temperature and δ 18
O alone. Our study reconciles contradictory observations of controls on ostracod δ 18 O and paves the way
for improved paleo-environmental interpretations and reconstructions of past water [CO 3 2− ]/[DIC] .
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The δ18O of ostracod valves is widely used to infer water δ18O and temperature. However, ostracod 6 
δ18O appears sensitive to other environmental variables. In addition, there is species-dependent 7 
ostracod calcite 18O enrichment, relative to slowly precipitated inorganic calcite under the same 8 
conditions. Together these uncertainties complicate ostracod paleoclimate reconstructions. This study 9 
presents a new understanding of the causes of ostracod δ18O variations based on a global database of 10 
published ostracod δ18O values in lake, marine and coastal environments, and from culture 11 
experiments. The database includes associated field/experiment host water parameters including 12 
temperature (-1 to 32°C), water δ18O (-13.2 to 4.3‰ VSMOW), pH (6.9 to 10.4), salinity (0 to 72 13 
g/kg), calcite saturation states (0.6 to 26), and dissolved inorganic carbon concentration [DIC] (0.9 to 14 
54.3 mmol/kg). The data shows that: 1) the δ18O of marine and non-marine ostracods reflects the 15 
18O/16O of the sum of host water CO32- and HCO3- ions. For example, at a given temperature, the δ18O 16 
of non-marine ostracods decreases by ~ 4 to ~ 6‰ as [CO32-]/[DIC] reaches 70%, depending on the 17 
ostracod species. In low [CO32-]/[DIC] settings (i.e. high HCO3-/CO32-), ostracod 18O/16O is close to 18 
the 18O/16O of HCO3- ions, which explains why on average ostracod δ18O is higher than the δ18O of 19 
inorganic calcite precipitated slowly under the same conditions. 2) Taxonomic offsets in ostracod 20 
δ18O vary with the host water [CO32-]/[DIC]. In environments where HCO3- >> CO32- (i.e. most 21 
freshwater lakes), the 18O/16O of Candonids is indistinguishable from the 18O/16O of HCO3- ions 22 
(difference of 0.10 ±0.16‰) while the 18O/16O of Cyprids is lower than the 18O/16O of HCO3- ions by 23 
−0.77 to −0.32‰, Cytherids by −0.88 ±0.29‰,  and Limnocytherids by −1.12 ±0.05‰. 3) The 24 
sensitivity of ostracod δ18O to [CO32-]/[DIC] also varies with taxonomy. For each percent increase in 25 
[CO32-]/[DIC], Candonids δ18O decreases by −0.098 ±0.024‰, Cyprids by −0.075 ±0.004‰, 26 
Cytherids by −0.057 ±0.012‰, and Limnocytherids by −0.058 ±0.005‰. 4) The similarity in 18O/16O 27 
between ostracod calcite and the sum of host water ‘HCO3- and CO32’ (despite species-specific 28 
offsets) suggests rapid precipitation of a finite DIC pool in the ostracod calcifying fluid. We propose 29 
an ostracod δ18O model whereby the more negative the 18O/16O of a given species relative to the sum 30 
of CO32- and HCO3-, the greater the isotopic equilibrium between the DIC pool and H2O in the 31 
ostracod calcifying fluid. 5) Higher host water salinities and pH induce higher [CO32-]/[DIC], 32 
resulting in lower ostracod δ18O, which explains the variable salinity effects on ostracod δ18O. Our 33 
database and ostracod δ18O model shows that ostracod δ18O records from closed basins environments 34 
likely reflect high or variable [CO32-]/[DIC], rather than water temperature and δ18O alone. Our study 35 
reconciles contradictory observations of controls on ostracod δ18O and paves the way for improved 36 
paleo-environmental interpretations and reconstructions of past water [CO32-]/[DIC]. 37 
Keywords: ostracod; oxygen isotopes; DIC speciation; carbonate ion; CO32-; saline lake  38 
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1. Introduction 39 
Ostracods are microcrustaceans that inhabit a wide range of aquatic environments, and the oxygen 40 
isotope ratios of their calcitic valves (δ18Oostr) provide important records of past changes in regional 41 
temperature and evaporation/precipitation ratios (e.g. Lister et al., 1991; Chivas et al., 1993; Schwalb 42 
et al., 1999; Bahr et al., 2006), and estimates of the δ18O value of continental precipitation (e.g. von 43 
Grafenstein et al., 1999a; von Grafenstein et al., 2013). It is critical to identify the physical and/or 44 
chemical parameters affecting the oxygen isotope fractionation between ostracod calcite and water to 45 
reduce uncertainties in paleoenvironmental reconstruction based on the δ18Oostr proxy.  46 
Ostracod calcite δ18O is unusual because it is enriched in 18O (Xia et al., 1997a) relative to slowly 47 
precipitated inorganic calcite (Kim and O'Neil, 1997), whereas most other calcifying organisms are 48 
depleted in 18O (McConnaughey, 1989a). The deviations between δ18Oostr and the δ18O value expected 49 
for inorganic calcite (Δ18Oostr-c) is dependent on taxonomy, and ranges between +1.5‰ and +3‰ 50 
depending on the species (von Grafenstein et al., 1999b; Holmes and Chivas, 2002; Decrouy et al., 51 
2011a). Furthermore, a comparison of δ18Oostr data from multiple sites suggests that the degree of 52 
Δ18Oostr-c for a given species changes with changing environmental conditions (Decrouy et al., 2011a). 53 
Explanations for δ18O ‘vital offsets’ for other marine calcifiers cannot explain ostracod δ18O. For most 54 
marine calcifiers, dissolved inorganic carbon (DIC) is thought to be derived from metabolic CO2 55 
(McConnaughey, 1989a,b; Rollion-Bard et al., 2003), and/or from a higher CO32-/HCO3- ratio in the 56 
calcifying fluid relative to the host water due to a biologically elevated calcifying fluid pH (Zeebe, 57 
1999; Adkins et al., 2003; Rollion-Bard et al., 2003). Both these processes are thought to result in 58 
CaCO3 depleted in 18O relative to slowly precipitated inorganic calcite (Kim and O’Neil, 1997), the 59 
opposite to the 18O enrichment of ostracods. 60 
Aside from the average 18O enrichment of ostracod relative to inorganic calcite, the host water 61 
temperature is assumed to be the main driver of oxygen isotope fractionation between ostracod calcite 62 
and water (reported in ‰ with the 𝜀𝑜𝑜𝑜𝑜/𝑤 notation). However, results from culture experiments and 63 
comparisons of field and laboratory studies suggest that the 𝜀𝑜𝑜𝑜𝑜/𝑤 may also be sensitive to the host 64 
water pH (Chivas et al., 2002; Marco-Barba et al., 2012), and salinity and/or ionic composition (Li 65 
and Liu, 2010a; Decrouy and Vennemann, 2013). Yet the sensitivity of 𝜀𝑜𝑜𝑜𝑜/𝑤 to these parameters 66 
varies among studies, even where results are compared for ostracods that are closely related 67 
taxonomically. The host water pH and salinity both affect the host water CO32-/HCO3- ratio, and the 68 
latter is known to affect the δ18O of marine planktic calcifiers (Spero et al., 1997; Zeebe, 1999, 2007, 69 
Ziveri et al., 2012) but the effect of CO32-/HCO3- on the δ18O of ostracod valves is unclear.  70 
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In this study, published field-based and laboratory data are used to investigate the origins of ostracod 71 
18O enrichment, taxonomic differences, and the factors controlling 𝜀𝑜𝑜𝑜𝑜/𝑤. We find that the ostracod 72 
18O/16O ratio is negatively correlated with the host water carbonate ion concentration to dissolved 73 
inorganic carbon ratio ([CO32-]/[DIC]), and we present a model for the oxygen isotope fractionation 74 
between ostracod calcite and water. The results reconcile the varying effects of host water pH and 75 
salinity on ostracod δ18O found in previous studies. An hypothesis for ostracod taxonomic differences 76 
in δ18O is also presented. We apply our model to a fossil ostracod δ18O record from Lake Qinghai and 77 
attempt a correction for the effect of [CO32-]/[DIC] on the lake water δ18O during the Holocene.  78 
2. Background on ostracod ecology, life cycle and calcification 79 
Ostracods are small crustaceans that secrete a calcified bivalved carapace of the order of a millimetre 80 
long in the adult stage. They represent the major group of calcareous microorganisms and microfossils 81 
on the continents and are extremely diverse with more than 20,000 living species (Smith and Horne, 82 
2002). Among all the Arthropods, ostracods have the best fossil record for the Phanerozoic eon. They 83 
inhabit various aquatic environments from the deep ocean to freshwater lakes and rivers (Horne et al., 84 
2002). Non-marine ostracod species are commonly adapted to Ca2+/HCO3- dominated water, although 85 
some non-marine species thrive in Na+/Cl- dominated water (e.g. Cyprideis sp., Australocypris sp., 86 
Limnocythere sp., De Deckker, 1983). 87 
For podocopan ostracods (the taxonomic subclass investigated in this study), ontogeny usually 88 
consists of nine instars including eight juveniles named “A-8” to “A-1” (first to last) and one adult 89 
abbreviated “A”. At each stage of development, the animal abandons the previous carapace 90 
(moulting), increases its body size and produces a new carapace. Total life span is from a few months 91 
to as long as four years. In mid to high latitude, most non-marine ostracods have a single generation 92 
per year but the seasonal timing of development for adults and juvenile instars varies between species 93 
(Decrouy, 2012). 94 
Podocopan valves are formed by the secretion of amorphous calcium carbonate by the epidermis, 95 
which then crystallises into low Mg-calcite (Harding, 1964; Keyser and Walter, 2004). It remains 96 
unclear whether ostracods build up internal DIC and Ca reservoirs prior to calcification (Keyser and 97 
Walter, 2004) or if these ionic species are transferred directly from the environment to the site of 98 
calcification (Turpen and Angell, 1971). Heavily calcified valves are formed in waters that are 99 
supersaturated with respect to calcite, such as near the shore of a lake. In contrast, thinly calcified 100 
valves commonly form in water poorly saturated with respect to calcite such as cold water in a deep 101 
lake (De Deckker, 2002). Our study investigates ostracods living in a range of salinity and carbonate 102 
saturation states. 103 
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3. Notation 104 
The 18O/16O ratio of a water or ostracod sample ( 𝑅𝑜18 ) is measured as the deviation from the 18O/16O 105 
ratio of a standard ( 𝑅𝑜𝑜𝑠18 ) and is expressed using the δ18O notation: 106 
𝛿 𝑂18 𝑜 =  
𝑅𝑜18 − 𝑅𝑜𝑜𝑠18
𝑅𝑜𝑜𝑠18
× 103 (1) 
where std refers to the standard ‘Vienna Pee Dee Belemnite’ (VPDB) for carbonate samples or 107 
‘Vienna Standard Mean Ocean Water’ (VSMOW) for water samples. A carbonate δ18O value on the 108 
VPDB scale is converted to a δ18O value on the VSMOW scale by using the equation provided by 109 
Coplen et al. (1983): 110 
𝛿 𝑂𝑉𝑉𝑉𝑉𝑉18 = 1.03091 𝛿 𝑂𝑉𝑉𝑉𝑉18 + 30.91 (2) 





1000 + 𝛿 𝑂𝐴18
1000 + 𝛿 𝑂𝑉18
 (3) 
where 𝛿 𝑂𝐴18  and 𝛿 𝑂𝑉18  are expressed on the same scale. It is convenient to express the oxygen 112 
isotope fractionation factor in ‰ with the term 𝜀: 113 
𝜀𝐴/𝑉 = (𝛼𝐴/𝑉 − 1) × 103 ≈ 𝛿 𝑂𝑉18 − 𝛿 𝑂𝐴18  (4) 
For example, an 𝛼𝐴/𝑉 value of 1.0295 corresponds to a 𝜀𝐴/𝑉 value of 29.50‰. Hereafter, for phases A 114 
or B the following shorthand notation are used: ostr = ostracod calcite, c = inorganic CaCO3 and w = 115 
H2O. 116 
4. Methods 117 
4.1. Data selection 118 
A global database of ostracod-water oxygen isotope fractionation (𝜀𝑜𝑜𝑜𝑜/𝑤) was compiled (Table A1 119 
in the electronic annex). All data are from studies that reported δ18Oostr values along with the δ18Ow, 120 
temperature, pH and major ion concentrations (hereafter referred as the water parameters) at the time 121 
of ostracod moulting or ostracod sampling; or from ostracod studies where the water parameters could 122 
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be estimated from other sources. The dataset includes δ18Oostr values from ostracods that calcified their 123 
carapaces in varied marine and terrestrial settings (mid- to high northern latitudes and mid-latitude 124 
Australia; lake, coast and deep sea environments), and in laboratory culture experiments (Fig. 1; Table 125 
1). These environments encompass pH values from 6.9 to 10.4, salinities from 0 to 72 g/kg, water 126 
temperatures from −1 to 32°C, water δ18O from -13.2 to 4.3‰ (VSMOW), calcite saturation states 127 
from 0.6 to 26, and dissolved inorganic carbon concentration [DIC] from 0.9 to 54.3 mmol/kg. DIC 128 
speciation and the DIC δ18O value in the host water were calculated from these parameters (see 129 
Section 4.2). Where studies reported the water DIC concentration or alkalinity, concentrations of the 130 
DIC species in water were estimated. The following sections provide details on data selection and 131 
estimates of data uncertainties. 132 
4.1.1. Culture experiments 133 
Laboratory culture experiments allow the study of ostracod isotopic fractionation in controlled 134 
environments. The water δ18O (δ18Ow), temperature and salinity are assumed to be constant for each 135 
experiment, unless the authors reported some variations during their experiments. Published culture 136 
experiments to date have not evaluated the effect of DIC speciation on ostracod δ18O (Xia et al., 137 
1997a; Chivas et al., 2002; Li and Liu, 2010a). DIC speciation is pH dependent and these experiments 138 
did not maintain constant pH conditions in the culturing tanks. A decrease in water pH following 139 
ostracod calcification was reported by Chivas et al. (2002) while Xia et al. (1997a) did not measure 140 
the water pH after ostracod moulting and Li and Liu (2010a) only measured the water pH at the end of 141 
their culturing experiment. CaCO3 precipitation decreases the surrounding water pH in a closed 142 
system (cf. Zeebe and Wolf-Gladrow, 2001), thus pH measurements performed before ostracod 143 
calcification were considered maximum values, while pH measurements performed after ostracod 144 
calcification were considered minimum values. 145 
4.1.2. Field studies 146 
Most field-based studies included in the database are from studies where the water parameters were 147 
monitored monthly. This is important because variations in water parameters over short time scales 148 
(e.g. daily, monthly and seasonal) can lead to significant errors when calculating 𝜀𝑜𝑜𝑜𝑜/𝑤. One 149 
exception is the study of Van der Meeren et al. (2011) where the water parameters were measured 150 
only once at the time of ostracod sampling. This study was included however, as it provides unique 151 
𝜀𝑜𝑜𝑜𝑜/𝑤 data in highly alkaline environments. Moreover, the study reported low variability in δ18Oostr 152 
values between replicate samples at each site, suggesting relatively stable environmental conditions 153 
over the time represented by the ostracod living populations. For this latter study, we used a 154 
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conservative uncertainty in water temperature of ±3.4°C, which is the maximum range in mean 155 
monthly air temperature during the ostracod moulting season (Van der Meeren et al., 2011).   156 
Where ostracods were sampled live in the field, larger uncertainties regarding the time of ostracod 157 
moulting are expected with adult ostracods compared to juveniles due to the longer life span of adult 158 
ostracods (typically several months to multiple seasons) relative to the time elapsed between the 159 
juvenile moulting stages (typically weeks to a few months, Whatley, 1988). Taking this difference 160 
into account and knowing that the 𝜀𝑜𝑜𝑜𝑜/𝑤 values of adult and A-1 juvenile ostracod valves are similar 161 
where these valves precipitate at the same temperature (von Grafenstein et al., 1999b; Chivas et al., 162 
2002), we employed the following strategies to minimize uncertainties related to the water 163 
parameters: 164 
i) For environments where the annual variability was > 5°C for temperature or > 1‰ for 165 
δ18Ow, only data from A-1 juvenile ostracods were selected. 166 
ii) All ostracod data were discarded for sampling batches where the standard deviation (s) of 167 
δ18Oostr values was > 1‰ for contemporaneous living adult or juvenile ostracods. 168 
iii) For studies where the short-term environmental variability was significant (e.g. surface 169 
waters or shallow water bodies), each water parameter ascribed to the ostracod data was 170 
the average value obtained from the measurement performed at the time of ostracod 171 
sampling and the measurement one month prior to the ostracod sampling, as reported in 172 
the published study. The uncertainty range of each water parameter was calculated 173 
conservatively as the difference in value between the two measurements. 174 
iv) Where ostracods were sampled from the deep sea or deep lakes with near-constant water 175 
parameters all year round, both adult and A-1 juvenile ostracods were selected and a 176 
single set of water parameters was associated with the ostracod data. 177 
4.2. Calculation of DIC speciation  178 
The host water DIC speciation affects the δ18O of marine planktic calcifiers (Spero et al., 1997; Zeebe, 179 
1999; Ziveri et al., 2012) and is therefore a potential factor of δ18Oostr variability. To investigate the 180 
effect of DIC speciation on δ18Oostr, the relative and absolute concentrations of the DIC species in the 181 
host waters were calculated in two different ways depending on the chemical composition of the 182 
waters: 183 
i) The CO2sys program (Lewis and Wallace, 2006) was used for DIC speciation 184 
calculations in aquatic environments with salinities < 1 g/kg or with seawater-type water. 185 
Water pH, salinity, temperature and pressure were input variables. The carbonic acid 186 
dissociation constants of Millero et al. (2006) were used for the computation and 187 
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appropriate pH scales were selected for each study. The effect of pressure on DIC 188 
speciation was only noticeable for the deep-sea water of the Iceland plateau (Didié and 189 
Bauch, 2002) and the Mediterranean bottom water (Borneman et al., 2012). 190 
ii) DIC speciation was calculated using the program Phreeqc v3.1.7 (database ‘Phreeqc.dat’, 191 
Parkhurst and Appelo, 2005) for aquatic environments with salinities > 1 g/kg and with 192 
ionic composition different to that of seawater. Water temperature, pH (expressed on the 193 
NBS scale) and major ion concentrations were used as input parameters. 194 
5. Results 195 
The calculated  𝜀𝑜𝑜𝑜𝑜/𝑤 values for all ostracod data are presented in Figure 2A (data available in the 196 
electronic annex), along with the oxygen isotope fractionation factors relative to water for slowly 197 
precipitated inorganic calcite (𝜀𝑐/𝑤; Kim and O’Neil, 1997), CO32- (𝜀𝐶𝑉32−/𝑤; Beck et al., 2005) and 198 
HCO3- (𝜀𝐻𝐶𝑉3−/𝑤; Beck et al., 2005). The 𝜀𝑜𝑜𝑜𝑜/𝑤 varies from +26.6‰ to +37.1‰ across the −1 to 32 199 
°C temperature range. For 𝜀𝑜𝑜𝑜𝑜/𝑤 values with uncertainties < 1‰, 97% of the 𝜀𝑜𝑜𝑜𝑜/𝑤 values are 200 
higher than 𝜀𝑐/𝑤 at respective temperatures, with positive differences between 𝜀𝑜𝑜𝑜𝑜/𝑤 and 𝜀𝑐/𝑤 of up 201 
to 4‰. A minority (1.7%) of 𝜀𝑜𝑜𝑜𝑜/𝑤 values are lower than 𝜀𝑐/𝑤 by more than 1‰ (i.e. the uncertainty 202 
threshold for the selected data) and the maximum negative difference between 𝜀𝑜𝑜𝑜𝑜/𝑤 and 𝜀𝑐/𝑤 is 203 
3‰. Overall, the variation in 𝜀𝑜𝑜𝑜𝑜/𝑤 is contained between the 𝜀𝐶𝑉32−/𝑤 and 𝜀𝐻𝐶𝑉3−/𝑤 values, with 204 
most 𝜀𝑜𝑜𝑜𝑜/𝑤 values (70%) within 1‰ of 𝜀𝐻𝐶𝑉3−/𝑤. 205 
Taxonomic differences in 𝜀𝑜𝑜𝑜𝑜/𝑤 are apparent (Fig. 2B) with Candonids generally having the highest 206 
𝜀𝑜𝑜𝑜𝑜/𝑤 values and Limnocytherids having the lowest 𝜀𝑜𝑜𝑜𝑜/𝑤 values. Cyprid and Cytherid 𝜀𝑜𝑜𝑜𝑜/𝑤 207 
values are between those of Candonids and Limnocytherids. Each non-marine ostracod taxon displays 208 
temperature-independent variations in 𝜀𝑜𝑜𝑜𝑜/𝑤 (Fig. 2B). The largest range in 𝜀𝑜𝑜𝑜𝑜/𝑤 for a (near) 209 
constant temperature is 4.8‰ for Cyprids at 18-20°C, 3.7‰ for Limnocytherids at 20°C, 3.0 ‰ for 210 
Cytherids at 23°C, and 2.1 ‰ for Candonids at 24°C. Temperature-independent variations in 𝜀𝑜𝑜𝑜𝑜/𝑤 211 
are also evident for the marine Trachileberidids, with an average 𝜀𝑜𝑜𝑜𝑜/𝑤 offset relative to 𝜀𝑐/𝑤 of ~ 212 
1.4 ±0.1‰ (1σ) in the North Atlantic (−1°C on Fig. 2B) and 0.7 ±0.2 ‰ (1σ) in the Mediterranean Sea 213 
(13°C on Fig. 2B). Although uncertainties in δ18Ow values and temperature may contribute to the 214 
scatter in 𝜀𝑜𝑜𝑜𝑜/𝑤 for ostracods collected in the field, these uncertainties cannot explain the large 215 
variations in 𝜀𝑜𝑜𝑜𝑜/𝑤 of up to 3.8‰ for ostracods belonging to the same species and grown in 216 
controlled laboratory environments, with near-constant δ18Ow values and temperatures (e.g. 217 
Cyprididae in Fig. 2B; Chivas et al., 2002; Li and Liu, 2010a). 218 
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In addition to these taxonomic effects, the 𝜀𝑜𝑜𝑜𝑜/𝑤 also varies with environmental conditions (Fig. 219 
2C). Overall, 𝜀𝑜𝑜𝑜𝑜/𝑤 is lowest in brackish and saline lakes (i.e. salinity 3 to 25 g/kg) and highest in 220 
freshwater lakes. The 𝜀𝑜𝑜𝑜𝑜/𝑤 of marine ostracods (salinity ~ 35 g/kg) fits between the 𝜀𝑜𝑜𝑜𝑜/𝑤 of 221 
ostracods from saline and freshwater lakes. The largest negative offsets between 𝜀𝑜𝑜𝑜𝑜/𝑤 and 𝜀𝑐/𝑤 are 222 
for Limnocytherids that calcified in Mongolian saline lakes (Van der Meeren et al., 2011), and for 223 
Cypridids cultured in tanks filled with saline water obtained from Lake Qinghai (Li and Liu, 2010a).      224 
6. Discussion 225 
6.1. The effect of DIC speciation on ostracod δ18O 226 
The similarity between 𝜀𝑜𝑜𝑜𝑜/𝑤 and the calculated 𝜀𝐻𝐶𝑉3−/𝑤 (i.e. the HCO3
--H2O oxygen isotope 227 
fractionation) for most of the ostracod dataset (Fig. 2) suggests that δ18Oostr most commonly reflects 228 
the 18O/16O of the bicarbonate ion in water. The bicarbonate ion is the dominant DIC species in most 229 
terrestrial and marine aquatic environments (Stumm and Morgan, 1996) and thus the similarity 230 
between 𝜀𝑜𝑜𝑜𝑜/𝑤 and 𝜀𝐻𝐶𝑉3−/𝑤 supports an environmental source of DIC for ostracod calcification. 231 
However, the bicarbonate ion 18O/16O alone cannot explain all of the 𝜀𝑜𝑜𝑜𝑜/𝑤 values observed in 232 
Figure 2, such as the comparatively low 𝜀𝑜𝑜𝑜𝑜/𝑤 for saline water tank experiments with Cypridids (Li 233 
and Liu 2010a) and for Limnocytherids from saline lakes in Mongolia (van der Meeren et al. 2010).     234 
Calculated proportions of DIC species for the ostracod host waters (Fig. 3) indicate that HCO3- is the 235 
dominant DIC species in most environments except in Lake Qinghai (Li and Liu, 2010), some saline 236 
lakes in Spain (Marco-Barba et al., 2012) and in Mongolia (Van der Meeren et al., 2011) where the 237 
carbonate ions represent up to 70% of the DIC pool. To investigate the potential effect of carbonate 238 
ions on 𝜀𝑜𝑜𝑜𝑜/𝑤, the differences between the 𝜀𝑜𝑜𝑜𝑜/𝑤 and 𝜀𝐻𝐶𝑉3−/𝑤 values for equivalent temperatures 239 
(𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3−) were plotted against the host water [CO3
2-]/[DIC] molar ratio (Fig. 4A and 4B), and 240 
against the host water [CO32-] molar concentration (Fig. 4C and 4D). Using 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− instead of 241 
𝜀𝑜𝑜𝑜𝑜/𝑤 means temperature independent variations in ostracod 18O/16O can be investigated, since 242 
𝜀𝑜𝑜𝑜𝑜/𝑤 and 𝜀𝐻𝐶𝑉3−/𝑤 have similar temperature sensitivities (~ 0.21 ±0.02‰/°C; Beck et al., 2005; 243 
Decrouy et al., 2011a; Fig. 2B). 244 
Considering data with uncertainties in 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− < 1‰ and uncertainties in [CO3
2-]/[DIC] < 10 %, 245 
the 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− is negatively correlated with [CO3
2-]/[DIC] (Fig. 4A, r2 = 0.56, p-value < 0.01) and 246 
less well correlated to the host water [CO32-] (Fig. 4C, r2 = 0.22, p-value < 0.01). This suggests that 247 
the offset in 18O/16O between ostracod calcite and the host water HCO3- is controlled by the relative 248 
contribution of carbonate ion to the DIC pool, rather than being dependent on the concentration of an 249 
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individual carbonate species in the host water. The host water [CO32-]/[DIC] is therefore a major cause 250 
of ostracod δ18O variability. Overall, the 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− decreases by ~ 5 to 6‰ as [CO3
2-]/[DIC] 251 
increases from 0 to 70% (Fig. 4A), corresponding to a 0.07-0.09‰ decrease in 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− per % of 252 
[CO32-]/[DIC].  253 
The relationship between 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− and [CO3
2-]/[DIC] suggests that the common 18O enrichment of 254 
ostracod calcite relative to slowly precipitated inorganic calcite originates from the 18O/16O ratio of 255 
the bicarbonate ion in water. In fact, where the water [CO32-]/[DIC] ratio is higher than ~ 30 ±10%, 256 
ostracod δ18O becomes lower than the predicted δ18O value for slowly precipitated inorganic calcite 257 
(Fig. 4A). The sensitivity of 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− to [CO3
2-]/[DIC] is similar to that of the oxygen isotope 258 
fractionation between the sum of ‘HCO3- and CO32-’ and H2O (grey line in Fig. 4A and 4B), indicating 259 
that ostracod 18O/16O may be a function of the 18O/16O from the sum of host water carbonate and 260 
bicarbonate ions. In turn, this further supports the idea that the DIC consumed during ostracod 261 
calcification derives from the host water. Such a model of biocalcification and oxygen isotopic 262 
fractionation was proposed by Zeebe (1999, 2007) to explain the dependence of planktic foraminifers 263 
on the [CO32-] concentration of seawater (Spero et al., 1997). The Zeebe (1999, 2007) model suggests 264 
that foraminiferal calcite 18O/16O is determined by the 18O/16O of the sum of all DIC species in 265 
seawater.  266 
If ostracod 18O/16O is explained by the Zeebe (1999, 2007) model, one may expect that 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− is 267 
also affected by the contribution of dissolved CO2 (CO2(aq)) to the host water DIC pool 268 
([CO2(aq)]/[DIC]). This would be expected if the entire DIC pool was consumed during ostracod 269 
calcification. There is one study in which ostracods calcified from an environment with a 270 
[CO2(aq)]/[DIC] of ~ 26% (ponds from S-E England, Keatings et al., 2002) while in all the other 271 
studies considered here, the host water [CO2(aq)]/[DIC] was < 7% (Fig. 3C). Within the 0 to 26% range 272 
in [CO2(aq)]/[DIC] and for environments where the DIC is mostly composed of CO2(aq) and HCO3- ions 273 
(i.e. [CO2(aq)] + [HCO3-] ≫ [CO32-]), the 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− of Candonid and Cyprid ostracods appear 274 
insensitive to the [CO2(aq)]/[DIC] ratio (Fig. 5, r2 < 0.1, p-value > 0.4). In fact, ostracods that calcified 275 
in waters with a DIC composed almost entirely of bicarbonate ions have very similar average 276 
𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− (Candonidae: +0.2 ±0.3‰; Cyprididae: −0.4 ±0.3‰) to that of ostracods that calcified in 277 
waters with a [CO2(aq)]/[DIC] of 26% (Candonidae: −0.1 ±0.3‰; Cyprididae: −0.3 ±0.3‰). 278 
The fact that 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− is independent of the host water [CO2(aq)]/[DIC] (Fig. 5) but is linearly 279 
related the host water [CO32-]/[DIC] ratio (Fig. 4A) suggests that ostracod 18O/16O is a function of the 280 
18O/16O from the sum of host water ‘CO32- and HCO3-’, rather than from the 18O/16O of DIC (CO32-, 281 
 11 
HCO3- and CO2(aq)). Accordingly, the 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− is expressed as a function of the host water [CO3
2-282 
]/([CO32-] + [HCO3-]): 283 




Where 𝛥 is the 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− value at [CO3
2-]/[CO32- + HCO3-] = 0 and γ is the sensitivity of 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− 284 
to [CO32-]/ [CO32- + HCO3-]. Since 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− equals 𝜀𝑜𝑜𝑜𝑜/𝑤 minus 𝜀𝐻𝐶𝑉3−/𝑤, equation (5) can be 285 
used to derive an expression for the ostracod-water oxygen isotope fractionation (𝜀𝑜𝑜𝑜𝑜/𝑤): 286 




Figure 4B shows that for a given [CO32-]/[DIC], different geneses cluster at different 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− 287 
values, which suggests there are taxonomic-related differences in 𝛥 and γ. To quantify the taxonomic 288 
effects the 𝛥 value was estimated for each ostracod genus from the average 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− value of 289 
ostracods that calcified in waters with [CO32-]/[CO32- + HCO3-] lower than 2% (Fig. 6, Table 2). The 290 
2% limit for [CO32-]/ [CO32- + HCO3-] was chosen as it constrains the effect of [CO32-]/[CO32- + HCO3-291 
] on 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− to less than 0.15‰.  292 
The genus-specific 𝛥 values vary from +0.2‰ to −1.3‰ and are similar for ostracod genera belonging 293 
to the same taxonomic family. The 𝛥 value of Candonids is very close to 0‰, indicating that the 294 
18O/16O of these ostracods is almost identical to that of the bicarbonate 18O/16O where there are no 295 
carbonate ions in the host water (Fig. 6B). For all the other ostracod families, the 𝛥 is negative. In 296 
detail, Cyprids may be separated in two groups with Herpetocypris, Isocypris and Prionocypris 297 
having a 𝛥 value of −0.3 to −0.4‰, while the 𝛥 value of Plesiocypridopsis, Potamocypris, 298 
Cypridopsis and Cypria varies from −0.7 to −1.0‰. The 𝛥 value varies from −0.8 to −1.3‰ for 299 
Cytherids and from −1.1 to −1.2‰ for Limnocytherids. Extrapolation of the linear regression between 300 
𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− and [CO3
2-]/[CO32- + HCO3-] for the marine ostracod Henryhowella to a [CO32-]/[CO32- + 301 
HCO3-] ratio of 0 suggests a 𝛥 value of −1.1 ±0.2‰ for these marine ostracods (Table 2).            302 
The γ value in equations (5) and (6) was estimated for each ostracod family (Table 2) rather than for 303 
each ostracod genus because there were insufficient data to obtain genus-specific γ values. Given that 304 
ostracods from the same family appear to have similar 𝛥 values, it is assumed that the γ value is also 305 
similar among ostracods from the same taxonomic family. The γ value was estimated for each 306 
ostracod family from the slope of the linear regression between the 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− value and the [CO3
2-]/ 307 
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[CO32- + HCO3-] (Table 2). Candonids, which have the highest 𝛥 value, also have the highest γ value. 308 
On the other hand, Cytherids and Limnocytherids, which have the lowest 𝛥 value have the lowest γ 309 
value. The few data on marine ostracods suggest that Trachyleberids have a higher γ value than any of 310 
the non-marine ostracod families. 311 
The 𝜀𝑜𝑜𝑜𝑜/𝑤 values are modelled using equation (6) and the 𝛥 and γ values of each ostracod 312 
genus/family as listed in Table 2, and show good agreement with measured 𝜀𝑜𝑜𝑜𝑜/𝑤 (Fig. 7A, r2 = 313 
0.96, p-value < 0.01). The average difference between the measured and modelled 𝜀𝑜𝑜𝑜𝑜/𝑤 value is 0.2 314 
±0.9‰ (2σ), which is within the uncertainty of the modelled 𝜀𝑜𝑜𝑜𝑜/𝑤 values (Fig. 7B). Candonidae is 315 
the only ostracod family with a significant data-model offset in 𝜀𝑜𝑜𝑜𝑜/𝑤. This disagreement mostly 316 
originates from Candonid ostracods extracted from a single site in Lake Geneva (−70 m, Decrouy et 317 
al., 2011a). The cause of this 𝜀𝑜𝑜𝑜𝑜/𝑤 offset for this site is unknown. 318 
6.2. The origin of taxonomic variations in ostracod δ18O 319 
Differences in δ18O among ostracod species inhabiting the same natural environment were identified 320 
in the 1990s (von Grafenstein et al., 1992, 1999) but the causes of these differences have remained 321 
elusive. Given our finding that δ18Oostr values vary with the [CO32-]/[CO32- + HCO3-] ratio in water, the 322 
effect of taxonomy on the δ18Oostr value is easier to evaluate in environments where carbonate ions are 323 
negligible. In these conditions, the relative differences in δ18O between the ostracod families can be 324 
inferred on Figure 6. The relative taxonomic differences reported here are in good agreement with the 325 
results of von Grafenstein (1999b) and Decrouy et al. (2011a), because these authors reported 326 
ostracod-water fractionation factors for ostracods that calcified in environments where the proportion 327 
of carbonate ions to the DIC pool was negligible.  328 
In the absence of carbonate ions in the host water, the offset in 18O/16O between ostracod calcite and 329 
the bicarbonate ion (𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3−) must originate from isotopic fractionation occurring between the 330 
calcite mineral and the DIC pool in the ostracod calcifying fluid (CF) and/or a modification of the 331 
DIC 18O/16O during its transfer from the host water to the calcifying site. Here, three known 332 
mechanisms that decrease calcite 18O/16O relative to the host water DIC are evaluated as possible 333 
explanations for ostracod 18O depletion relative to HCO3-. The mechanisms are: (1) a contribution of 334 
DIC derived from metabolic CO2 (McConnaughey, 1989b), (2) the deprotonation and consumption of 335 
a fraction of the bicarbonate ion pool in the CF (Kim et al., 2006) and (3) a partial isotopic 336 
equilibration between deprotonated bicarbonate ions and water (Beck et al., 2005). 337 
6.2.1. Metabolic CO2 338 
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Some of the ostracod taxa may use metabolic CO2 to increase the DIC concentration of the CF (DICcf) 339 
and promote rapid calcification. Kinetic effects related to the hydration and hydroxylation of CO2 are 340 
known to decrease the 18O/16O ratio of the DIC (McConnaughey, 1989b; Clark et al., 1992; Watkins et 341 
al., 2013) and are thought to cause the low 18O/16O ratio of corals and other marine calcifiers 342 
(McConnaughey, 1989a) relative to slowly precipitated inorganic CaCO3. These kinetic isotope 343 
effects also affect the 13C/12C ratio of the DIC pool and result in CaCO3 minerals with covariant δ18O 344 
and δ13C values (McConnaughey, 1989b). Although a correlation between the δ18O and δ13C values 345 
was previously reported for marine ostracods from the Mediterranean Sea (Bornemann et al., 2012), 346 
such a correlation was not found for lacustrine ostracods that calcified within the same environment 347 
with no carbonate ions, and near-constant δ18Ow and temperature (Fig. 8). Thus, possibility (1) may 348 
explain the low δ18O of marine ostracod relative to lacustrine ostracods but is unlikely to explain the 349 
taxonomic differences in δ18O between non-marine ostracod taxa. 350 
6.2.2. Fractional precipitation of DICcf 351 
The deprotonation and consumption of a fraction of the bicarbonate ion pool during fast calcification 352 
leads to CaCO3 depleted in 18O relative to the initial 18O/16O of the bicarbonate ion pool (Kim et al., 353 
2006, Watkins et al., 2014). This is due to the preferential deprotonation of the isotopically light 354 
bicarbonate ions (Kim et al., 2006). Moreover, since the carbonate ion is thought to be the primary 355 
DIC species directly involved in CaCO3 precipitation (i.e. other DIC species indirectly contribute to 356 
calcification where they are converted into carbonate ions, Kim et al., 2006), the sensitivity of the 357 
calcite 18O/16O ratio to the environment [CO32-]/[CO32- + HCO3-] should increase with decreasing 358 
fraction of the DICcf pool precipitated. Thus, if possibility (2) were correct, one should expect that 359 
ostracods with the lowest δ18O value in the absence of carbonate ions in water (i.e. the lowest 𝛥 value) 360 
should have a δ18O value which is most sensitive to the environment [CO32-]/[CO32- + HCO3-] (i.e. the 361 
lowest γ value). Since the opposite pattern is observed for the non-marine ostracod taxa (i.e. 𝛥 and are 362 
γ are negatively related, Table 2), possibility (2) is therefore unlikely to explain the ostracod 363 
taxonomic differences in δ18O. 364 
6.2.3. Isotopic equilibration of deprotonated HCO3- 365 
Partial isotopic equilibration between deprotonated bicarbonate ions and water, in theory, could lead 366 
to the formation of calcite with a lower 18O/16O ratio than the initial bicarbonate ion pool. This is 367 
expected to occur if the rate of isotopic exchange between carbonate ion and water is at a similar rate 368 
to the rate of carbonate ion consumption during calcite precipitation, or if a fraction of the bicarbonate 369 
ion pool is deprotonated prior to the onset of calcite precipitation (these possibilities contrast with 370 
instantaneous calcite precipitation described in the paragraph above). Isotopic equilibration between 371 
deprotonated bicarbonate ions and water could also be facilitated by the presence of the enzyme 372 
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carbonic anhydrase in the ostracod CF. This enzyme, which enhances the isotopic exchanges between 373 
the DIC species and water (Uchikawa and Zeebe, 2012), is found in the tissues of several crustaceans 374 
(e.g. Henry, 2001) and may be present in or near the ostracod CF. Regardless of the presence/absence 375 
of carbonic anhydrase in the ostracod CF, an increasing isotopic equilibration between deprotonated 376 
bicarbonate ions and water should be accompanied by a decreasing sensitivity of the ostracod 18O/16O 377 
ratio to the environment [CO32-]/[CO32- + HCO3-] ratio. This is because isotopic exchanges between 378 
deprotonated bicarbonate ions and water lower the 18O/16O ratio of these latter ions towards the 379 
18O/16O ratio of isotopically equilibrated carbonate ions. As the 18O/16O of the deprotonated 380 
bicarbonate ions tends towards the 18O/16O of equilibrated carbonate ions, the sensitivity of calcite 381 
18O/16O to [CO32-]/[CO32- + HCO3-] (i.e. the γ value) should decrease. If this hypothesis is correct, then 382 
the ostracod-water oxygen isotope fractionation (𝜀𝑜𝑜𝑜𝑜/𝑤) may be approximated by an isotopic mass 383 
balance between isotopically equilibrated carbonate ions and partially equilibrated deprotonated 384 
bicarbonate ions: 385 
𝜀𝑜𝑜𝑜𝑜/𝑤 ≅  𝜀𝐶𝑉32− 𝑤⁄ ·  
�𝐶𝑉32−�
�𝐶𝑉32−�+�𝐻𝐶𝑉3− �
 + �𝜀𝐶𝑉32− 𝑤⁄  · 𝐸𝑉𝐷𝐶 + 𝜀𝐻𝐶𝑉3− 𝑤⁄ · (1 − 𝐸𝑉𝐷𝐶)� ·
�𝐻𝐶𝑉3− �
�𝐶𝑉32−�+�𝐻𝐶𝑉3− �
  386 
(7) 387 
Where 𝐸𝑉𝐷𝐶 is the level of DIC-H2O isotopic equilibration in the ostracod CF (i.e. the fraction of 388 
isotopically equilibrated carbonate ions deriving from deprotonated bicarbonate ions). Where 𝐸𝑉𝐷𝐶 = 389 
0, ostracod 18O/16O reflects the 18O/16O of host water ‘CO32- + HCO3-’ while at 𝐸𝑉𝐷𝐶 = 1, ostracod 390 
18O/16O reflects the 18O/16O of isotopically equilibrated CO32-. The similarity between ostracod 18O/16O 391 
and the 18O/16O of host water ‘CO32- + HCO3-’ (Fig. 4A and 4B) suggests 𝐸𝑉𝐷𝐶 close to 0 in most 392 
ostracod CF. This expression differs from equation (6) in that the 𝜀𝑜𝑜𝑜𝑜/𝑤 value is constrained 393 
between the 𝜀𝐶𝑉32− 𝑤⁄  and 𝜀𝐻𝐶𝑉3− 𝑤⁄  values. According to this equation, the differences in 𝜀𝑜𝑜𝑜𝑜 𝑤⁄  394 
values between ostracod taxa should decrease with increasing host water [CO32-]/[CO32- + HCO3-] and 395 
should become 0 where [CO32-]/[CO32- + HCO3-] is 100%. Although additional data are needed to test 396 
this model, the 𝛥 and γ values of non-marine ostracods are within error of the 𝛥 and γ values expected 397 
from equation (7) (Fig. 9). 398 
Variations in the sensitivity of δ18Oostr to [CO32-]/[CO32- + HCO3-] between different taxa (Table 2) 399 
may offer the possibility to reconstruct the DIC speciation in terrestrial waterbodies. Because the 400 
δ18Oostr offsets between ostracod taxa that calcified in the same environment vary with the host water 401 
[CO32-]/[CO32- + HCO3-], one may be able to estimate the water [CO32-]/[CO32- + HCO3-] by 402 
measuring δ18Oostr from two or more ostracod taxa with different sensitivities to [CO32-]/[CO32- + 403 
HCO3-]. Understanding variations in [CO32-]/[CO32- + HCO3-] is important for reconstructing past pH 404 
and salinity changes in a range of terrestrial and marine environments.  405 
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6.3. An explanation for the effect of salinity on the ostracod 18O/16O ratio 406 
Significant negative correlations between 𝜀𝑜𝑜𝑜𝑜/𝑤 and salinity were reported for Cypridid ostracods 407 
grown in controlled laboratory environments (Chivas et al., 2002; Li and Liu, 2010a; Decrouy and 408 
Vennemann, 2013). However, a plot of 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− against salinity shows only a weak negative trend 409 
with increasing salinity (Fig. 10, r2 = 0.37, p < 0.01). The effect of salinity on 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− is clearer 410 
and stronger for Cypridids in the study of Chivas et al. (2002) (r2 = 0.46, p-value < 0.01) and for Li 411 
and Liu (2010a) (r2 = 0.73, p-value < 0.01), but when these data are combined the 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− of 412 
Cyprids do not correlate with salinity (r2 = 2 x 10−3, p-value = 0.5). These results suggest that salinity 413 
is not a primary driver of δ18Oostr, as previously suggested by Decrouy and Vennemann (2013). 414 
The sensitivity of 𝜀𝑜𝑜𝑜𝑜/𝑤 to salinity can be explained by the positive effect of salinity on the host 415 
water [CO32-]/[CO32- + HCO3-] (Fig. 3A). Here, higher salinities increase [CO32-]/[CO32- + HCO3-], 416 
which leads to a decrease in the 18O/16O of host water DIC, and in turn results in lower δ18Oostr values. 417 
Another contributing factor to the negative 𝜀𝑜𝑜𝑜𝑜/𝑤-salinity relationship comes from the positive 418 
correlations between salinity and alkalinity in culturing solutions. The solutions used for ostracod 419 
culturing in Chivas et al. (2002) and Li and Liu (2010a) were obtained from the mixing of a saline 420 
solution with freshwater or distilled water, respectively, to create solutions at different salinities. 421 
Alkalinity was significantly lower in the freshwater/distilled water relative to the saline water, thus the 422 
solutions’ alkalinity also covaried with salinity. After a CaCO3 precipitation event, the decrease in 423 
solution pH is more pronounced when the initial alkalinity of the solution is lower. In other words, the 424 
magnitude of the pH decrease depends on the ratio between the amount of CaCO3 precipitation and 425 
the initial amount of carbonate ions in solution. Thus, in a closed system with a finite DIC pool such 426 
as in culturing jars and where alkalinity is lower, the DIC 18O/16O shifts more readily towards the 427 
bicarbonate ion 18O/16O following CaCO3 precipitation. This also explains why the ostracod δ18O is 428 
more correlated to [CO32-] (Fig. 4C and 4D) than [CO32-]/[DIC] (Fig. 4B) in the culturing experiments 429 
of Chivas et al. (2002) and Li and Liu (2010a).     430 
6.4. Ostracod biomineralization 431 
The small difference in 18O/16O ratio between ostracod calcite and an isotopic mass balance between 432 
the sum of the host water bicarbonate and carbonate ions (‘CO32- + HCO3-‘ line in Fig. 4A) implies 433 
that isotopic fractionation between the DICcf and the host water DIC (DICw) and between the DICcf 434 
and ostracod calcite must be limited. This has several important implications for the ostracod 435 
calcification processes: 436 
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i) Calcite precipitation must occur at a very fast rate under a high calcite saturation state to 437 
prevent the isotopic equilibration between calcite and water (McCrea, 1950; Beck et al., 438 
2005; Kim et al., 2006). In fact, the formation of a whole new ostracod carapace can take 439 
less than 12 hours (Chivas et al., 1983). 440 
 441 
ii) The DICcf pool must be consumed almost entirely since carbonate ions are consumed 442 
preferentially over bicarbonate ions when DIC consumption is not total (Kim et al., 443 
2006).  444 
 445 
iii) The isotopic composition of DICcf is not significantly modified by biological processes. 446 
Thus, metabolic CO2 is not a significant DIC source for ostracod calcification, otherwise 447 
ostracod calcite would be systematically and significantly depleted in 18O relative to 448 
bicarbonate ions due to kinetic isotope effects during the hydration and/or hydroxylation 449 
of CO2(aq) in the CF (McConnaughey, 1989b). 450 
In turn, a fast and quantitative precipitation of the DICcf implies a high pH in the ostracod CF (pHcf). 451 
The ostracod pHcf has not yet been measured but high pHcf conditions (~ 8.5 to ~ 9.5) have been 452 
reported for corals (Al-Horani et al., 2003; Cai et al., 2016), foraminifers (de Nooijer et al., 2009; 453 
Bentov et al., 2009) and coccolithophores (Stoll et al., 2012), suggesting that pH elevation is 454 
ubiquitous in biogenic calcifiers. A higher pH in the ostracod CF than in the host water is expected 455 
since ostracods are able to calcify in host waters undersaturated with calcite and with pH values as 456 
low as ~ 6.9 (e.g. Candonids in Keatings et al., 2002, Fig. 3). Assuming that ostracods elevate the pHcf 457 
relative to the host water pH like marine calcifiers, then a significant proportion of the DICcf should 458 
convert to carbonate ion following the pH increase, and DIC speciation should be different in the 459 
ostracod CF than in the host water. This leads to the counter intuitive hypothesis that the contribution 460 
of carbonate ions to the DICcf pool is significant even when the δ18O of the resulting calcite reflects a 461 
DICcf with no or little carbonate ions. This discrepancy can only be resolved if there is no or little 462 
isotopic equilibration between the DICcf pool and water following the elevation of the pHcf. In other 463 
words, for the 18O/16O of bicarbonate ions to be recorded by ostracod calcite, fast calcification must 464 
occur immediately following the pHcf elevation, otherwise ostracod δ18O would not record the 465 
bicarbonate ion 18O/16O. Overall, ostracod calcite may be considered as a biologic analogue to fast and 466 
quantitative inorganic carbonate precipitation experiments (McCrea, 1950; Beck et al., 2005; Kim et 467 
al., 2006) where the δ18O of the carbonate mineral reflects the δ18O value of the DIC pool from the 468 
precipitating solution (i.e. the ‘Zeebe, 1999’ model). 469 
Yet, δ18Oostr does not reflect the exact 18O/16O of the host water DIC, since δ18Oostr is insensitive to the 470 
host water [CO2(aq)]/[DIC] ratio (Fig. 5). Fast precipitation of CO2(aq) leads to lower CaCO3 δ18O due 471 
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to the CO2 hydration and hydroxylation steps during the conversion of CO2(aq) into HCO3- and CO32- 472 
(McConnaughey, 1989b; Clark et al., 1992). Thus, the non-sensitivity of δ18Oostr to CO2(aq) suggests 473 
that CO2(aq) must be converted into HCO3- and CO32- well before the onset of calcite precipitation, 474 
allowing sufficient time for the isotopic equilibrium between hydrated/hydroxylated CO2 and water to 475 
be reached before the onset of calcification. This may be achieved by the isolation of host water DIC 476 
by the ostracod with subsequent storage of the DIC pool at a similar or slightly higher pH than the 477 
host water pH but at lower pH than during the calcification step. 478 
In summary, we suggest that the transfer of DIC from the host water to the ostracod calcifying site 479 
occurs in two steps. Ostracods first isolate pockets of water from the environment. The DIC speciation 480 
of the isolated water is not significantly modified during the ‘storage’ phase, although the pH would 481 
have to be maintained above a threshold value of ~ 7.0-8.0 to retain low concentrations of carbon 482 
dioxide and carbonic acid. During storage, the DIC species reach full isotopic equilibrium with water 483 
perhaps due to the presence of carbonic anhydrase in the fluid. Then, the isolated solution undergoes a 484 
rapid increase in calcite saturation state and/or is transferred to a calcifying site with a high calcite 485 
saturation state, likely due to elevated pH and high Ca2+ concentration. Shortly after the increase in 486 
calcite saturation state, most of the DIC pool precipitates as amorphous calcium carbonate, which then 487 
recrystallises as calcite (Keyser and Walter, 2004). The fast consumption of the DICcf pool, prevents 488 
DIC-H2O isotopic equilibrium, and hence the bicarbonate ion 18O/16O is recorded in ostracod calcite. 489 
7. Implications for previous and future studies 490 
This study shows that δ18Oostr decreases by 4 to 6‰ as the host water [CO32-]/[DIC] increases from 0 491 
to 70% (Fig. 4A and 4B). Extrapolating the carbonate ion effect to a [CO32-]/[DIC] of 100% suggests 492 
a maximum carbonate ion effect on δ18Oostr in the order of 6 to 8‰. These results suggest that 493 
previous paleoclimatic interpretations of ostracod oxygen isotope records from environments with 494 
variable [CO32-]/[DIC] should be reassessed. Particular attention should be paid to δ18Oostr records 495 
obtained from closed basins where salinity and pH are commonly high (e.g. Lister et al., 1991; Chivas 496 
et al., 1993; Hodell et al., 1995; Holmes et al., 1997; Smith et al., 1997; Curtis et al., 1999; Leng et al., 497 
1999; Schwalb et al., 1999; Henderson et al., 2003; Hodell et al., 2005; Ortiz et al., 2006; Jin et al., 498 
2009; Wrozyna et al., 2010; Escobar et al., 2012; Stansell et al., 2013), or δ18Oostr records from lakes 499 
with evidence of past variations in salinity (e.g. Hodell et al., 1991; Bahr et al., 2006; Hodell et al., 500 
2012). This is because higher salinity and pH leads to higher [CO32-]/[DIC] (Millero et al., 2006, Fig. 501 
3A), which in turn leads to more negative ostracod δ18O. Marine δ18Oostr records (e.g. Didié and 502 
Bauch, 2002) should also be corrected for past changes in seawater [CO32-]/[DIC] due to changing 503 
seawater pH (e.g. Hönisch et al., 2008; Zeebe, 2012) and salinity (e.g. Adkins et al., 2002) over 504 
geological time scales. Finally, the carbonate ion effect on δ18Oostr is negligible for ostracods living in 505 
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permanent freshwater lakes (e.g. Lister, 1988; von Grafenstein et al., 1998, 1999a,b, 2013; Keatings et 506 
al., 2002; Anadón et al., 2006; Wetterich et al., 2008; Decrouy et al., 2011b) because of very low 507 
[CO32-]/[DIC] in these environments. 508 
Saline lakes are commonly associated with a high evaporation/precipitation ratio (E/P), which leads to 509 
high lake water δ18O, and hence a positive effect on δ18Oostr. This reasoning suggests that ostracod 510 
δ18O may not accurately record an increase in lake water δ18O if the latter parameter covaries with 511 
salinity and/or pH, a situation that could be expected in closed basins. A decreasing trend in δ18Oostr 512 
(‘fresher’) originally interpreted as a decrease in lake E/P (more precipitation) could potentially reflect 513 
the opposite situation: the low δ18Oostr reflects a higher lake salinity and E/P (with higher [CO32-514 
]/[DIC]).  515 
A re-evaluation of δ18Oostr records in closed basins offers the opportunity to resolve apparent 516 
contradictions between ostracod δ18O results and other proxy records from the same location, and in 517 
turn provide more comprehensive information on past environmental conditions. For example, 518 
Holocene δ18Oostr records from Lake Qinghai, China’s largest lake, were used to reconstruct past 519 
hydrologic changes on the Tibetan plateau (Lister et al., 1991b; Zhang et al., 1994; Liu et al., 2007; 520 
An et al., 2012; Li and Liu, 2014; Jin et al., 2015; for a review see Chen et al., 2016). These δ18Oostr 521 
records have been interpreted in terms of changing lake water δ18O, whereby high δ18Oostr  was 522 
interpreted as reflecting a high regional evaporation-precipitation ratio (E/P) and a weaker Asian 523 
monsoon influence, and vice versa. However, a lake level reconstruction obtained from direct dating 524 
of Lake Qinghai paleoshorelines (Fig. 11a, Liu et al., 2015) suggests that high stands in the lake level 525 
are coincident with high δ18Oostr (i.e. high E/P) while low lake levels are associated with low δ18Oostr 526 
(Fig. 11d , Li and Liu, 2014,). For example, a major low stand in lake level during the early Holocene 527 
(11 to 9 thousand years ago) is coincident with δ18Oostr of ~ −3 to −2‰. The lake’s highest levels 528 
occurred between 5 to 2 ka when the δ18Oostr was ~ +3 to +4‰. The total range of δ18Oostr  between the 529 
high and low lake level is ~6‰. The positive covariation between the lake level and δ18Oostr is counter 530 
intuitive because high lake levels commonly correspond to low E/P, which in turn result in low lake 531 
water δ18O values (Steinman and Abbott 2013). 532 
There is a range of complementary data from Lake Qinghai with which to investigate the carbonate 533 
ion effect on δ18Oostr and reconcile inconsistencies between proxies. Lake Qinghai’s δ18Oostr record 534 
was constructed from the δ18O of benthic ostracod species (Limnocythere inopinata and Eucypris 535 
mareotica) and thus the δ18Oostr record (partly) reflects variations in the bottom lake water δ18O and 536 
temperature. Calibration work with modern L. inopinata and E. mareotica in Lake Qinghai suggests 537 
that the δ18Oostr of these ostracods increases with the lake water depth (Fig. 11h) due to the effect of 538 
water depth on the water temperature (Liu et al., 2009). Based on the lake level reconstruction of Liu 539 
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et al. (2015) and the δ18Oostr-‘water depth’ relationship of Liu et al. (2009), change in water depth 540 
during the Holocene can explain a 2‰ positive increase in δ18Oostr (out of an ~ 6‰ increase) during 541 
the early Holocene (Fig. 11e). Changes in the water depth of ostracod habitats therefore do not fully 542 
reconcile the discrepancy between the Holocene lake level and δ18Oostr records.          543 
To investigate if variations in the lake [CO32-]/[DIC] contributed to the apparent discrepancy between 544 
the δ18Oostr record and the lake level reconstruction, past changes in the lake [CO32-]/[DIC] were 545 
estimated based on paleo-salinity estimates (Fig. 11b, Zhang et al., 1994) and the modern relationship 546 
between salinity and pH in Lake Qinghai and nearby lakes (Fig. 11i, Li et al., 2010c, Xu et al., 2010). 547 
The salinity record is based on the ostracod Sr/Ca ratio from Lake Qinghai and display similar 548 
variations to the lake level reconstruction of Liu et al. (2015). Ostracod calcite accurately records the 549 
water Sr/Ca during valve formation, which reflects of the water salinity in a closed basins saturated 550 
with respect to calcite (Chivas et al., 1985). Calcite and aragonite represent more than 60% of the 551 
Lake Qinghai’s sediment accumulation since 12 ka (Ji et al., 2005; An et al., 2012), suggesting 552 
persistent calcite/aragonite saturation during the Holocene. The pH reconstruction in Figure 11c relies 553 
on the assumption that the modern pH vs salinity relationship (Fig. 10i, r2 = 0.86, p-value < 0.01) 554 
remained similar during the Holocene. Using these salinity and pH time series (Fig. 10b and 10c), 555 
variations in lake water [CO32-]/[DIC] were calculated with the CO2sys software (Parkhurst and 556 
Appelo, 2005). Results from this computation suggest that the lake [CO32-]/[DIC] may have varied 557 
from ~ 0.5 to 50% over the course of the Holocene. The modern [CO32-]/[DIC] is around 30-40% (Li 558 
et al., 2010c; Xu et al., 2010). Based on the estimated range in [CO32-]/[DIC] during the Holocene and 559 
applying equation (6) with the ∆ and γ values for Cyprids and Limnocytherids (Table 2), a maximum 560 
[CO32-]/[DIC]-induced variation in δ18Oostr of ~ 2-3‰ was estimated (Fig. 11f). Combining the effect 561 
of [CO32-]/[DIC] with the effect of changing water depth on δ18Oostr (Fig. 11e) could potentially 562 
explain more than 4‰ of the total ~ 6‰ Holocene increase in δ18Oostr (Fig. 11g), but does not fully 563 
resolve the discrepancy between the Holocene lake level (Fig. 11a, Liu et al., 2015) and the δ18Oostr 564 
records (Fig. 11d, Li and Liu, 2014). Importantly, the 4‰ increase in δ18Oostr between ~ 7 and ~ 1 ka 565 
cannot be explained in terms of a varying lake water [CO32-]/[DIC] and/or a water depth effect. Our 566 
analysis therefore suggests that the main cause of increase in δ18Oostr between ~ 7 and ~ 1 ka is a 567 
significant increase in lake water δ18O, which in turn indicates increasing evaporation/precipitation 568 
ratio and/or change in precipitation δ18O. This result is consistent with many other terrestrial oxygen 569 
isotope records from the Asian region showing a progressive increase in carbonate δ18O during the 570 
Mid- and Late Holocene related to a weakening of the Asian monsoon (e.g. Yuan et al., 2004, Wang 571 
et al., 2005, Hu et al., 2008, Jiang et al., 2010).  572 
This example from Lake Qinghai shows that modern and past DIC speciation in the ostracod host 573 
water should be evaluated carefully prior to inferring past climatic changes from δ18Oostr records. 574 
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Overall, ostracod δ18O records are expected to reflect past water δ18O and temperature more 575 
accurately when obtained from freshwater lakes than from saline lake since in most freshwater lakes 576 
the contribution of carbonate ions to the DIC pool is negligible. 577 
8. Conclusions 578 
This study compiled a global database of published ostracod δ18O from field-based and culture 579 
studies, and associated host water parameters (temperature, water δ18O, pH, salinity and DIC 580 
concentration). The data were used to construct a model of the major drivers of the oxygen isotope 581 
fractionation between ostracod calcite and water, and thereby improve paleoenvironmental 582 
interpretations of δ18Oostr variability. Based on our analysis, we conclude that: 583 
1) The δ18O of marine and non-marine ostracods is negatively correlated with the host water [CO32-584 
]/[DIC]. The 18O/16O of non-marine ostracods is close to the 18O/16O ratio of the sum of host water 585 
CO32- and HCO3- ions. For a given temperature, the δ18O of non-marine ostracods decreases by ~ 4 to 586 
~ 6‰ at 70% [CO32-]/[DIC], depending on the ostracod species. Extrapolating to a [CO32-]/[DIC] of 587 
100% suggests a maximum decrease in δ18Oostr of between 6 and 8‰. In low [CO32-]/[DIC] settings 588 
(i.e. high HCO3-/CO32-), ostracod 18O/16O is close to the 18O/16O of HCO3- ions (as measured in Beck 589 
et al., 2005), making δ18Oostr higher than the δ18O of slowly precipitated inorganic calcite precipitated 590 
in the same conditions. 591 
2) Taxonomic offsets in δ18Oostr vary with the host water [CO32-]/[DIC]. In environments with [CO32-592 
]/[DIC] < 2% (i.e. mostly freshwater with HCO3- >> CO32-), the 18O/16O of Candonids is 593 
indistinguishable from the 18O/16O of HCO3- ions (difference of 0.10 ±0.16‰) while the 18O/16O of 594 
ostracods from other taxonomic groups is lower than the 18O/16O of HCO3- ions by −0.32 to −0.77‰ 595 
for Cyprids, −0.88 ±0.29‰ for Cytherids and −1.12 ±0.05‰ for Limnocytherids. The sensitivity of 596 
δ18Oostr to [CO32-]/[DIC] also varies with taxonomy. For each percent increase in [CO32-]/[DIC], 597 
δ18Oostr decreases by −0.098 ±0.024‰ for Candonids, −0.075 ±0.004‰ for Cyprids, −0.057 ±0.012‰ 598 
for Cytherids and −0.058 ±0.005‰ for Limnocytherids. Our model suggests that the taxonomic 599 
differences in δ18Oostr are due to different levels of isotopic equilibration between the DIC pool and 600 
H2O in the ostracod calcifying fluid. In our model, the ostracod isolates a parcel of host water, and 601 
then increases the pH of the isolated fluid. The higher pH changes the DIC speciation towards higher 602 
[CO32-]/[DIC], which in turn lowers the 18O/16O of the DIC in the calcifying fluid. Although a change 603 
in the DIC speciation to higher [CO32-]/[DIC] is near-instantaneous, there is a lag in the calcifying 604 
fluid reaching DIC-H2O isotopic equilibrium. It is postulated that the 18O ‘enrichment’ of ostracod 605 
calcite is due to the precipitation of a DIC pool that is not isotopically equilibrated with H2O, for 606 
example, Candonids, with 18O/16O similar to host water HCO3-, likely calcify fast and have the lowest 607 
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degree of DIC-H2O isotopic equilibrium in the calcifying fluid relative to the other ostracod taxa. The 608 
more negative the 18O/16O of a given species relative to HCO3-, the greater the degree of isotopic 609 
equilibrium in the ostracod calcifying fluid. 610 
3) Host water salinity and pH affect δ18Oostr by affecting the DIC speciation of the host water. Higher 611 
salinities and pH induce higher [CO32-]/[DIC], resulting in lower δ18Oostr. This explanation resolves 612 
conflicting observations of variable salinity effects on δ18Oostr.  613 
4) The modest oxygen isotope fractionation between ostracod calcite and the sum of host water CO32- 614 
and HCO3- ions, relative to the fractionations of other biocalcifiers, implies that the calcite building 615 
blocks of the ostracod shell must form at very high rates, preventing DIC-H2O isotopic equilibration 616 
in the alkaline calcifying fluid. The similarity in 18O/16O between ostracod calcite and host water DIC 617 
also indicates that the DIC pool in the calcifying fluid is almost fully consumed. Ostracod 618 
calcification therefore occurs within a closed system. 619 
5) Ostracod δ18O records from environments with high or variable [CO32-]/[DIC] (e.g. closed basins) 620 
should be checked for carbonate ion effects. In particular, the effect of lake water evaporation on 621 
δ18Oostr may be complex, since evaporation typically increases the lake water δ18O, salinity and pH. 622 
Higher salinity and pH increase the [CO32-]/[DIC] and thus decrease the δ18Oostr, offsetting the effect 623 
of increasing lake water δ18O on the ostracod δ18O record. A case study with a δ18Oostr record from 624 
Lake Qinghai (China) suggests potential δ18Oostr variations of ~ 2-3‰ induced by changes in [CO32-625 
]/[DIC] during the Holocene. δ18Oostr records from open and freshwater lakes are less likely to be 626 
affected by [CO32-]/[DIC] because [CO32-]/[DIC] is low in these environments. Incorporating [CO32-627 
]/[DIC] effects when interpreting δ18Oostr records from terminal lakes and marine environments should 628 
help to reconcile discrepancies with other proxies and improve paleoenvironmental interpretations. 629 
Acknowledgments 630 
The authors thank Xiangzhong Li, Emi Ito, Thijs Van der Meeren, Javier Marco-Barba and Laurent 631 
Decrouy and for providing complementary information to their valuable datasets. Useful discussions 632 
with Bärbel Hönisch, Stephen Eggins and Jimin Yu broadened the scope of this study. Richard Zeebe, 633 
Atsushi Suzuki and two anonymous reviewers are thanked for providing constructive comments that 634 
improved this manuscript. This work was undertaken while LSD was awarded a University 635 
Postgraduate Award from the University of Wollongong. HVM acknowledges support from 636 
Australian Research Council Discovery Project DP1092945 and Future Fellowship FT140100286.   637 
References 638 
 22 
Adkins J.F., McIntyre K. and Schrag D.P. (2002) The salinity, temperature, and δ18O of the glacial 639 
deep ocean. Science 298, 1769-1773.    640 
Adkins J.F., Boyle E.A., Curry W.B., Lutringer A. (2003) Stable isotopes in deep-sea corals and a 641 
new mechanism for "vital effects". Geochim. Cosmochim. Acta 67, 1129-1143. 642 
Al-Horani F.A., Al-Moghrabi S.M., de Beer D. (2003) The mechanism of calcification and its relation 643 
to photosynthesis and respiration in the scleractinian coral Galaxea fascicularis. Mar. Biol. 644 
142, 419-426. 645 
Álvarez M., Sanleón-Bartolomé H., Tanhua T., Mintrop L., Luchetta A., Cantoni C., Schroeder K., 646 
Civitarese G. (2014) The CO2 system in the Mediterranean Sea: a basin wide perspective. 647 
Ocean Sci. 10, 69-92. 648 
An Z., Colman S.M., Zhou W., Li X., Brown E.T., Jull A.J.T., Cai Y., Huang Y., Lu X., Chang H., 649 
Song Y., Sun Y., Xu H., Liu W., Jin Z., Liu X., Cheng P., Liu Y., Ai L., Li X., Liu X., Yan 650 
L., Shi Z., Wang X., Wu F., Qiang X., Dong J., Lu F., Xu X. (2012) Interplay between the 651 
Westerlies and Asian monsoon recorded in Lake Qinghai sediments since 32 ka. Sci. Rep. 2, 652 
619. doi:10.1038/srep00619 653 
Anadón P., Moscariello A., Rodríguez-Lázaro J., Filippi M.L. (2006) Holocene environmental 654 
changes of Lake Geneva (Lac Léman) from stable isotopes (δ13C, δ18O) and trace element 655 
records of ostracod and gastropod carbonates. J. Paleolimnol. 35, 593-616. 656 
Bahr A., Arz H.W., Lamy F., Wefer G. (2006) Late glacial to Holocene paleoenvironmental evolution 657 
of the Black Sea, reconstructed with stable oxygen isotope records obtained on ostracod 658 
shells. Earth Planet. Sci. Lett. 241, 863-875. 659 
Beck W.C., Grossman E.L., Morse J.W. (2005) Experimental studies of oxygen isotope fractionation 660 
in the carbonic acid system at 15°C, 25°C, and 40°C. Geochim. Cosmochim. Acta 69, 3493-661 
3503. 662 
Bentov S., Brownlee C., Erez J. (2009) The role of seawater endocytosis in the biomineralization 663 
process in calcareous foraminifera. Proc. Natl. Acad. Sci. U. S. A. 106, 21500-21504. 664 
Bornemann A., Pirkenseer C.M., De Deckker P., Speijer R.P. (2012) Oxygen and carbon isotope 665 
fractionation of marine ostracod calcite from the eastern Mediterranean Sea. Chem. Geol. 666 
310/311, 114-125. 667 
Brewer P.G., Bradshaw A.L., Williams R.T. (1986) Measurements of total carbon dioxide and 668 
alkalinity in the North Atlantic Ocean in 1981, in: Trabalka, T.R., Reichle, D.E. (Eds.), The 669 
Changing Carbon Cycle: A Global Analysis. Springer, Verlag, New York, pp. 348-370. 670 
Brewer P.G., Glover D.M., Goyet C., Shafer D.K., (1995) The pH of the North Atlantic Ocean: 671 
Improvements to the global model for sound absorption in seawater. J. Geophys. Res. 100, 672 
8761-8776. 673 
Cai W.-J., Ma Y., Hopkinson B.M., Grottoli A.G., Warner M.E., Ding Q., Hu X., Yuan X., Schoepf 674 
V., Xu H., Han C., Melman T.F., Hoadley K.D., Pettay D.T., Matsui Y., Baumann J.H., Levas 675 
S., Ying Y., Wang Y. (2016) Microelectrode characterization of coral daytime interior pH and 676 
carbonate chemistry. Nat. Commun. 7. doi:10.1038/ncomms11144 677 
Chen F., Wu D., Chen J., Zhou A., Yu J., Shen J., Wang S., Huang X. (2016) Holocene moisture and 678 
East Asian summer monsoon evolution in the northeastern Tibetan Plateau recorded by Lake 679 
Qinghai and its environs: A review of conflicting proxies. Quat. Sci. Rev. 154, 111-129. 680 
 23 
Chivas A.R., De Deckker P., Shelley J.M.G. (1983) Magnesium, strontium and barium partitioning in 681 
non-marine ostracod shells and their use in paleoenvironmental reconstruction ˗ a preliminary 682 
study. Applications of Ostracoda. (R.F. Maddocks, ed.). pp. 238-249. The University of 683 
Houston, Houston. 684 
Chivas A.R., De Deckker P., Shelley J.M.G. (1985) Strontium content of ostracods indicates 685 
lacustrine palaeosalinity. Nature 316, 251-253. 686 
Chivas A.R., De Deckker P., Cali J.A., Chapman A., Kiss E., Shelley J.M.G. (1993) Coupled stable-687 
isotope and trace-element measurement of lacustrine carbonates as paleoclimatic indicators, 688 
in: Swart P.K., Lohmann K.C., McKenzie J., Savin S. (Eds.), Climate Change in Continental 689 
Isotopic Records. Geophysical Monograph 78. American Geophysical Union, Washington, 690 
DC, pp. 113-121. 691 
Chivas A.R., De Deckker P., Wang S.X., Cali J.A. (2002) Oxygen-isotope systematics of the nektic 692 
ostracod Australocypris robusta, in: Holmes J.A., Chivas A.R. (Eds.), The Ostracoda: 693 
Applications in Quaternary Research. Geophysical Monograph 131. American Geophysical 694 
Union, Washington, DC, pp. 301-313. 695 
Clark I.D., Fontes J. C., Fritz P. (1992) Stable isotope disequilibria in travertine from high pH waters: 696 
Laboratory investigations and field observations from Oman. Geochim. Cosmochim. Acta 56, 697 
2041-2050. 698 
Coplen T.B. (2007) Calibration of the calcite–water oxygen-isotope geothermometer at Devils Hole, 699 
Nevada, a natural laboratory. Geochim. Cosmochim. Acta 71, 3948-3957. 700 
Coplen T.B., Kendall C., Hopple J. (1983) Comparison of stable isotope reference samples. Nature 701 
302, 236-238. 702 
Curtis J.H., Brenner M., Hodell D.A. (1999) Climate change in the Lake Valencia Basin, Venezuela, 703 
~12600 yr BP to present. Holocene 9, 609-619. 704 
De Deckker P. (2002) Ostracoda Palaeoecology, in: Holmes, J.A., Chivas, A.R. (Eds.), The 705 
Ostracoda: Application in Quaternary Research. Geophysical Monograph 131. American 706 
Geophysical Union, Washington D.C., pp. 121-134. 707 
de Nooijer L.J., Toyofuku T., Oguri K., Nomaki H., Kitazato H. (2008) Intracellular pH distribution 708 
in foraminifera determined by the fluorescent probe HPTS. Limnol. Oceanogr. 6, 610-618. 709 
Decrouy L. (2012) Biological and Environmental Controls on Isotopes in Ostracod Shells, in: Horne 710 
D.J, Holmes J.A., Rodriguez-Lazaro J., Viehberg F.A. (Eds.), Developments in Quaternary 711 
Sciences 17. Elsevier, Amsterdam, pp. 165-181. 712 
Decrouy L. and Vennemann T. (2013) Potential influence of the chemical composition of water on the 713 
stable oxygen isotope composition of continental ostracods. J. Paleolimnol. 50, 577-582. 714 
Decrouy L., Vennemann T.W., Ariztegui D. (2011a) Controls on ostracod valve geochemistry: Part 2. 715 
Carbon and oxygen isotope compositions. Geochim. Cosmochim. Acta 75, 7380-7399. 716 
Decrouy L., Vennemann T.W., Ariztegui D. (2011b) Controls on ostracod valve geochemistry, Part 1: 717 
Variations of environmental parameters in ostracod (micro-)habitats. Geochim. Cosmochim. 718 
Acta 75, 7364-7379.   719 
Didié C. and Bauch H.A. (2002) Implication of upper Quaternary stable isotope records of marine 720 
ostracodes and benthic foraminifers for paleoecological and paleoceanographycal 721 
investigations, in: Holmes J.A., Chivas A.R. (Eds.), The Ostracoda: Applications in 722 
 24 
Quaternary Research. Geophysical Monograph 131. American Geophysical Union, 723 
Washington D.C., pp. 279-300. 724 
Escobar J., Hodell D.A., Brenner M., Curtis J.H., Gilli A., Mueller A.D., Anselmetti F.S., Ariztegui 725 
D., Grzesik D.A., Pérez L., Schwalb A., Guilderson T.P. (2012) A ∼43-ka record of 726 
paleoenvironmental change in the Central American lowlands inferred from stable isotopes of 727 
lacustrine ostracods. Quat. Sci. Rev. 37, 92-104. 728 
Funk M., (2004) Zooplanktonuntersuchungen an einem natürlichen Seelitoral und die Effekte von 729 
Cypermethrin auf aquatische Mikro- und Mesokosmen, Department Ökologie, Lehrgebiet 730 
Ökotoxikologie. Technischen Universität München, München. PhD thesis. 731 
Harding J.P. (1964) Crustacean cuticule with reference to the ostracod carapace. Publicazioni della 732 
Stazione Zoologica di Napoli 33 9-31. 733 
Henderson A.C.G., Holmes J.A., Zhang J., Leng M.J., Carvalho L.R. (2003) A carbon- and oxygen-734 
isotope record of recent environmental change from Qinghai Lake, NE Tibetan Plateau. Chin. 735 
Sci. Bull. 48, 1463-1468. 736 
Henry R.P. (2001) Environmentally mediated carbonic anhydrase induction in the gills of euryhaline 737 
crustaceans. J Exp Biol 204, 991-1002. 738 
Hodell D.A., Curtis J.H., Jones G.A., Higuera-Gundy A., Brenner M., Binford M.W., Dorsey K.T. 739 
(1991) Reconstruction of Caribbean climate change over the past 10,500 years. Nature 352, 740 
790-793. 741 
Hodell D.A., Curtis J.H., Brenner M. (1995) Possible role of climate in the collapse of Classic Maya 742 
civilization. Nature 375, 391. 743 
Hodell D.A., Brenner M., Curtis J.H., Medina-González R., Ildefonso-Chan Can E., Albornaz-Pat A., 744 
Guilderson T.P. (2005) Climate change on the Yucatan Peninsula during the Little Ice Age. 745 
Quat. Res. 63, 109-121. 746 
Hodell D.A., Turchyn A.V., Wiseman C.J., Escobar J., Curtis J.H., Brenner M., Gilli A., Mueller 747 
A.D., Anselmetti F., Ariztegui D., Brown E.T. (2012) Late Glacial temperature and 748 
precipitation changes in the lowland Neotropics by tandem measurement of δ18O in biogenic 749 
carbonate and gypsum hydration water. Geochim. Cosmochim. Acta 77, 352-368. 750 
Holmes J.A., Street-Perrott F.A., Allen M.J., Fothergill P.A., Harkness D.D., Kroon D., Perrott R.A. 751 
(1997) Holocene palaeolimnology of Kajemarum Oasis, northern Nigeria: An isotopic study 752 
of ostracodes, bulk carbonate and organic carbon. J. Geol. Soc. 154, 311-319. 753 
Holmes J.A. and Chivas A.R. (2002) Ostracod Shell Chemistry - Overview, in: Holmes J.A., Chivas 754 
A.R. (Eds.), The Ostracoda: Applications in Quaternary Research. Geophysical Monograph 755 
131. American Geophysical Union, Washington D.C., pp. 185-204. 756 
Hönisch B. and Hemming N.G. (2005) Surface ocean pH response to variations in pCO2 through two 757 
full glacial cycles. Earth Planet. Sci. Lett. 236, 305-314. 758 
Horne D.J., Cohen A., Martens K. (2002) Taxonomy, morphology and biology of Quaternary and 759 
living Ostracoda, in: Holmes J.A., Chivas A.R. (Eds.), The Ostracoda: Application in 760 
Quaternary Research. Geophysical Monograph 131. American Geophysical Union, 761 
Washington D.C., pp. 5-36. 762 
Ji S., Xingqi L., Sumin W., Matsumoto R. (2005) Palaeoclimatic changes in the Qinghai Lake area 763 
during the last 18,000 years. Quat. Int. 136, 131-140. 764 
 25 
Jin Z., Bickle M.J., Chapman H.J., Yu J., Wang S., Chen S. (2009) Early to mid-Pleistocene ostracod 765 
δ18O and δ13C in the central Tibetan Plateau: Implication for Indian monsoon change. 766 
Palaeogeogr., Palaeoclimatol., Palaeoecol. 280, 406-414. 767 
Jin Z., An Z., Yu J., Li F., Zhang F. (2015) Lake Qinghai sediment geochemistry linked to 768 
hydroclimate variability since the last glacial. Quat. Sci. Rev. 122, 63-73. 769 
Keatings K.W., Heaton T.H.E., Holmes J.A. (2002) Carbon and oxygen isotope fractionation in non-770 
marine ostracods: results from a 'natural culture' environment. Geochim. Cosmochim. Acta 66, 771 
1701-1711. 772 
Keyser D. and Walter R. (2004) Calcification in ostracodes. Rev. Esp. Micropaleontol. 36, 1-11. 773 
Kim S.-T. and O'Neil J.R. (1997) Equilibrium and nonequilibrium oxygen isotope effects in synthetic 774 
carbonates. Geochim. Cosmochim. Acta 61, 3461-3475. 775 
Kim S., Hillaire-marcel C., Mucci A. (2006) Mechanisms of equilibrium and kinetic oxygen isotope 776 
effects in synthetic aragonite at 25°C. Geochim. Cosmochim. Acta 70, 5790-5801. 777 
Leng M.J., Roberts N., Reed J., Sloane H.J. (1999) Late Quaternary palaeohydrology of the Konya 778 
Basin, Turkey, based on isotope studies of modern hydrology and lacustrine carbonates. J. 779 
Paleolimnol. 22, 187-204. 780 
Lewis P.D.E and Wallace D.W.R. (2006) MS Excel Program Developed for CO2 System 781 
Calculations. ORNL/CDIAC-105a. Carbon Dioxide Information Analysis Center, Oak Ridge 782 
National Laboratory, U.S. Department of Energy, Oak Ridge, Tennessee. doi: 783 
10.3334/CDIAC/otg.CO2SYS_XLS_CDIAC105a 784 
Li X. and Liu W. (2010a) Oxygen isotope fractionation in the ostracod Eucypris mareotica: results 785 
from a culture experiment and implications for paleoclimate reconstruction. J. Paleolimnol. 786 
43, 111-120. 787 
Li X. and Liu W. (2010b) Carbon isotope fractionation in ostracod Eucypris Mareotica from culture 788 
experiments and its implication for Palaeoenvironment reconstruction. Mar. Geol. Quat.  789 
Geol. 30, 127-131. (in Chinese with English abstract) 790 
Li X., Liu W., Zhang L. and Sun Z. (2010c) Distribution of  Recent ostracod species in the Lake 791 
Qinghai area in northwestern China and its ecological significance. Ecol. Indic. 10, 880-890. 792 
Li X. and Liu W. (2014) Water salinity and productivity recorded by ostracod assemblages and their 793 
carbon isotopes since the early Holocene at Lake Qinghai on the northeastern Qinghai–Tibet 794 
Plateau, China. Palaeogeogr., Palaeoclimatol., Palaeoecol. 407, 25-33. 795 
Lister G.S. (1988) A 15,000-year isotopic record from Lake Zürich of deglaciation and climatic 796 
change in Switzerland. Quat. Res. 29, 129-141. 797 
Lister G.S., Kelts K., Zao C.K., Yu J.-Q. and Niessen F. (1991) Lake Qinghai, China: closed-basin 798 
like levels and the oxygen isotope record for ostracoda since the latest Pleistocene. 799 
Palaeogeogr., Palaeoclimatol., Palaeoecol. 84, 141-162. 800 
Liu W., Li X., Zhang L., An Z. and Xu L. (2009) Evaluation of oxygen isotopes in carbonate as an 801 
indicator of lake evolution in arid areas: The modern Qinghai Lake, Qinghai-Tibet Plateau. 802 
Chem. Geol. 268, 126-136. 803 
Liu X.-J., Lai Z., Madsen D., Zeng F. (2015) Last deglacial and Holocene lake level variations of 804 
Qinghai Lake, north-eastern Qinghai-Tibetan Plateau. J. Quat. Sci. 30, 245-257. 805 
 26 
Liu X., Shen J., Wang S., Wang Y. and Liu W. (2007) Southwest monsoon changes indicated by 806 
oxygen isotope of ostracode shells from sediments in Qinghai Lake since the late Glacial. 807 
Chin. Sci. Bull. 52, 539-544. 808 
Marco-Barba J., Ito E., Carbonell E., Mesquita-Joanes F. (2012) Empirical calibration of shell 809 
chemistry of Cyprideis torosa (Jones, 1850) (Crustacea: Ostracoda). Geochim. Cosmochim. 810 
Acta 93, 143-163. 811 
McConnaughey T. (1989a) 13C and 18O isotopic disequilibrium in biological carbonates: I. Patterns. 812 
Geochim. Cosmochim. Acta 53, 151-162. 813 
McConnaughey T. (1989b) 13C and 18O isotopic disequilibrium in biological carbonates: II. In vitro 814 
simulation of kinetic isotope effects. Geochim. Cosmochim. Acta 53, 163-171. 815 
McCrea J.M. (1950) On the isotopic chemistry of carbonates and a paleotemperature scale. J. Chem. 816 
Phys. 18, 849-857. 817 
Millero F.J., Graham T.B., Huang F., Bustos-Serrano H., Pierrot D. (2006) Dissociation constants of 818 
carbonic acid in seawater as a function of salinity and temperature. Mar. Chem. 100, 80-94. 819 
Ortiz J.E., Torres T., Delgado A., Reyes E., Llamas J.F., Soler V., Raya J. (2006) Pleistocene 820 
paleoenvironmental evolution at continental middle latitude inferred from carbon and oxygen 821 
stable isotope analysis of ostracodes from the Guadix-Baza Basin (Granada, SE Spain). 822 
Palaeogeogr., Palaeoclimatol., Palaeoecol. 240, 536-561. 823 
Parkhurst D.L. and Appelo C.A.J. (2005) PHREEQC (Version 3) – A Computer Program for 824 
Speciation, Batch-Reaction, One-Dimensional Transport, and Inverse Geochemical 825 
Calculations: U.S. Geological Survey Techniques and Methods, book 6, chap. A43, 497 p., 826 
available only at http://pubs.usgs.gov/tm/06/a43 827 
Ramuz A. (1957)  Composition chimique de l'eau du Léman: grandes analyses. Bull. Soc. Vaud. Sci. 828 
Nat. 66, 369-375.   829 
Rollion-Bard C., Chaussidon M., France-Lanord C. (2003) pH control on oxygen isotopic 830 
composition of symbiotic corals. Earth Planet. Sci. Lett. 215, 275-288. 831 
Schwalb A., Burns S.J., Kelts K. (1999) Holocene environments from stable isotope stratigraphy of 832 
ostracods and authigenic carbonate in Chilean Altiplano Lakes. Palaeogeogr., 833 
Palaeoclimatol., Palaeoecol. 148, 153-168. 834 
Sellschopp J. and Álvarez A. (2003) Dense low-salinity outflow from the Adriatic Sea under mild 835 
(2001) and strong (1999) winter conditions. J. Geophys. Res.: Oceans 108, 8104. doi: 836 
10.1029/2002JC001562 837 
Smith A.J., Donovan J.J., Ito E., Engstrom D.R. (1997) Ground-water processes controlling a prairie 838 
lake's response to middle Holocene drought. Geology 25, 391-394. 839 
Smith A.J. and Horne D.J. (2002) Ecology of Marine, Marginal Marine and Nonmarine Ostracodes, 840 
in: Holmes, J.A., Chivas, A.R. (Eds.), The Ostracoda: Application in Quaternary Research. 841 
Geophysical Monograph 131. American Geophysical Union, Washington D.C., pp. 37-64. 842 
Spero H.J., Bijma J., Lea D.W., Bemis B.E. (1997) Effect of seawater carbonate concentration on 843 
foraminiferal carbon and oxygen isotopes. Nature 390, 497-500. 844 
 27 
Stansell N.D., Steinman B.A., Abbott M.B., Rubinov M., Roman-Lacayo M. (2013) Lacustrine stable 845 
isotope record of precipitation changes in Nicaragua during the Little Ice Age and Medieval 846 
Climate Anomaly. Geology 41, 151-154. 847 
Steinman B.A. and Abbott M.B. (2013) Isotopic and hydrologic responses of small, closed lakes to 848 
climate variability: Hydroclimate reconstructions from lake sediment oxygen isotope records 849 
and mass balance models. Geochim. Cosmochim. Acta 105, 342-359.   850 
Stoll H., Langer G., Shimizu N., Kanamaru K. (2012) B/Ca in coccoliths and relationship to 851 
calcification vesicle pH and dissolved inorganic carbon concentrations. Geochim. 852 
Cosmochim. Acta 80, 143-157. 853 
Stumm W. and Morgan J.J. (1996) Aquatic Chemistry: Chemical Equilibria and Rates in Natural 854 
Waters. Wiley. 855 
Turpen J.B. and Angell R.W. (1971) Aspects of molting and calcification in the ostracod 856 
Heterocypris. Biol. Bull. 140, 331-338. 857 
Uchikawa J. and Zeebe R.E. (2012) The effect of carbonic anhydrase on the kinetics and equilibrium 858 
of the oxygen isotope exchange in the CO2-H2O system: Implications for δ18O vital effects in 859 
biogenic carbonates. Geochim. Cosmochim. Acta 95, 15-34. 860 
Van der Meeren T., Ito E., Verschuren D., Almendinger J.E., Martens K. (2011) Valve chemistry of 861 
Limnocythere inopinata (Ostracoda) in a cold arid environment ˗˗ Implications for 862 
paleolimnological interpretation. Palaeogeogr., Palaeoclimatol., Palaeoecol. 306, 116-126. 863 
von Grafenstein U.,  Erlenkeuser H.,  Müller J.,  Kleinmann-Eisenmann A. (1992) Oxygen isotope 864 
records of benthic ostracods in Bavarian lake sediments - Reconstruction of late and post 865 
glacial air temperatures. Sci. Nat. 79, 145-152. 866 
von Grafenstein U., Erlenkeuser H., Müller J., Jouzel J., Johnsen S. (1998) The cold event 8200 years 867 
ago documented in oxygen isotope records of precipitation in Europe and Greenland. Clim. 868 
Dynam. 14, 73-81. 869 
von Grafenstein U., Erlenkeuser H., Brauer A., Jouzel J., Johnsen S.J. (1999a) A mid-European 870 
decadal isotope-climate record from 15,500 to 5000 years B.P. Science 284, 1654-1657. 871 
von Grafenstein U., Erlernkeuser H., Trimborn P. (1999b) Oxygen and carbon isotopes in modern 872 
fresh-water ostracod valves: assessing vital offsets and autecological effects of interest for 873 
palaeoclimate studies. Palaeogeogr., Palaeoclimatol., Palaeoecol. 148, 133-152. 874 
von Grafenstein U., Belmecheri S., Eicher U., van Raden U.J., Erlenkeuser H., Andersen N., Ammann 875 
B. (2013) The oxygen and carbon isotopic signatures of biogenic carbonates in Gerzensee, 876 
Switzerland, during the rapid warming around 14,685 years BP and the following interstadial. 877 
Palaeogeogr., Palaeoclimatol., Palaeoecol. 391, 25-32. 878 
Wang Y., Cheng H., Edwards R. L., He Y., Kong X., An Z., Wu J., Kelly M. J., Dykoski C. A., Li X. 879 
(2005) The Holocene Asian Monsoon: Links to Solar Changes and North Atlantic Climate. 880 
Science 308, 854-857. 881 
Watkins J.M., Nielsen L.C., Ryerson F.J., DePaolo D.J. (2013) The influence of kinetics on the 882 
oxygen isotope composition of calcium carbonate. Earth Planet. Sci. Lett. 375, 349-360. 883 
Watkins J. M., Hunt J. D., Ryerson F. J., DePaolo D. J. (2014) The influence of temperature, pH, and 884 
growth rate on the δ18O composition of inorganically precipitated calcite. Earth Planet. Sci. 885 
Lett. 404, 332-343. 886 
 28 
Wetterich S., Schirrmeister L., Meyer H., Viehberg F.A., Mackensen A. (2008) Arctic freshwater 887 
ostracods from modern periglacial environments in the Lena River Delta (Siberian Arctic, 888 
Russia): geochemical applications for palaeoenvironmental reconstructions. J. Paleolimnol. 889 
39, 427-449.   890 
Whatley R.C. (1988) Population structure of ostracods: some general principles for the recognition of 891 
palaeoenvironments, in: De Deckker, P., Colin, J.P., Peypouquet, J.P. (Eds.), Ostracoda in the 892 
Earth Sciences Elsevier, Amsterdam, pp. 245-256. 893 
Wrozyna C., Frenzel P., Steeb P., Zhu L., van Geldern R., Mackensen A., Schwalb A. (2010) Stable 894 
isotope and ostracode species assemblage evidence for lake level changes of Nam Co, 895 
southern Tibet, during the past 600 years. Quat. Int. 212, 2-13. 896 
Xia J., Ito E., Engstrom D.R., (1997a) Geochemistry of ostracode calcite: Part 1. An experimental 897 
determination of oxygen isotope fractionation. Geochim. Cosmochim. Acta 61, 377-382. 898 
Xia J., Engstrom D.R., Ito E. (1997b) Geochemistry of ostracode calcite: Part 2. The effects of water 899 
chemistry and seasonal temperature variation on Candona rawsoni. Geochim. Cosmochim. 900 
Acta 61, 383-391. 901 
Xu H., Hou Z., An Z., Liu X., Dong J. (2010) Major ion chemistry of waters in Lake Qinghai 902 
catchments, NE Qinghai-Tibet plateau, China. Quat. Int. 212, 35-43. 903 
Yuan D., Cheng H., Edwards R. L., Dykoski C. A., Kelly M. J., Zhang M., Qing J., Lin Y., Wang Y., 904 
Wu J., Dorale J. A., An Z. and Cai Y. (2004) Timing, duration, and transitions of the Last 905 
Interglacial Asian monsoon. Science. 304, 575-578. 906 
Zeebe R.E. (1999) An explanation of the effect of seawater carbonate concentration on foraminiferal 907 
oxygen isotopes. Geochim. Cosmochim. Acta 63, 2001-2007. 908 
Zeebe R.E. (2007) An expression for the overall oxygen isotope fractionation between the sum of 909 
dissolved inorganic carbon and water, Geochem. Geophys. Geosyst. 8, Q09002, 910 
doi:10.1029/2007GC001663. 911 
Zeebe R.E. (2012) History of seawater carbonate chemistry, atmospheric CO2 and ocean acidification. 912 
Annu. Rev. Earth Planet. Sci. 40, 141-165. 913 
Zeebe R.E. and Wolf-Gladrow D. (2001) CO2 in Seawater: Equilibrium, Kinetics, Isotopes. Elsevier, 914 
Amsterdam. 915 
Zhang P.X., Zhang B.Z., Qian G.M., Li H.J., Xu L.M. (1994) The study of Lake Qinghai's 916 
paleoclimatic parameters during the Holocene. Quat. Sci. 3, 225-236. (in Chinese with 917 
English abstract) 918 
Ziveri P., Thoms S., Probert I., Geisen M., Langer G. (2012) A universal carbonate ion effect on 919 
stable oxygen isotope ratios in unicellular planktonic calcifying organisms. Biogeosciences 9, 920 
1025-1032.  921 
 29 
Table 1 List of references and ranges of environmental conditions for the ostracod data included in 922 
this study   923 








Chivas et al. 
(2002) 
Australocypris laboratory fully 
calcified 
valves 
12 and 25 15 to 65 7.85 to 
8.57a 
(NBS) 
Li and Liu 
(2010a) 





Xia et al. 
(1997b) 











Xia et al. 
(1997a) 
Candona Coldwater (46°01’N, 
99°05’W) and Roselyn 
(45°32’N, 97°17’W) 











Ponds of Greywell, 
England (51°15’N, 
0°58’W) 
all 10 to 12 0.5 6.9 
(NBS) 
Marco-
Barba et al. 
(2012) 
Cyprideis Non-marine water 
bodies of eastern Spain 


























13 genera Lake Geneva(46°18’N, 
6°11’E; Switzerland) 




Meeren et al. 
(2011)  
Limnocythere Ponds and lakes of 
western Mongolia 
(49°N, 93°E) 










Surface sediment of the 
Iceland Plateau (70°N, 
10°E) 








Surface sediment from 
the Gulf of Taranto 
(39°36’N, 17°11’E) 
Italy 
all 13i 38.7h 8.11i   
(T) 
a Represent maximum values since the water pH decreased during ostracod calcification.  924 
b Individual pH measurements were reported in Li and Liu (2010b). The data represent minimum values since the water pH 925 
was only measured after ostracod calcification.  926 
c From Funk (2004). 927 
d From Ramuz (1957). 928 
e From Decrouy et al. (2011b). 929 
f From Brewer et al. (1986). 930 
g From Brewer et al. (1995) recalculated for −0.9°C using CO2sys software of Lewis and Wallace (2006). 931 
h From Sellschop and Alvarez (2003). 932 
i From Alvarez et al. (2014) recalculated for 13°C using CO2sys software of Lewis and Wallace (2006). 933 
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Table 2 Intercept (Δ) and slope (γ) of the least squares regression between 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− and [CO3
2-] 934 
/[DIC] for each ostracod genus/family included in this study.           935 
Family genus refa n r2 Δb γc 
Candonidae Candona X, VG, K, D 280  0.21 ± 0.30   
Candonidae Pseudocandona K, D 43  0.09 ± 0.22   
Candonidae Fabaeformiscandona VG, D 28  −0.01 ± 0.35   
Candonidae   
X, VG, K, 
D  351 0.42 0.1 ± 0.16 −0.098 ± 0.024 
       
Cyprididae Prionocypris D 3  −0.29 ± 0.22   
Cyprididae Herpetocypris K, D 49  −0.32 ± 0.29   
Cyprididae Isocypris D 5  −0.36 ± 0.28   
Cyprididae (1)   K, D  57 - −0.32 ± 0.15 -  
            
Cyprididae Cypridopsis D 2  −0.7 ± 0.13   
Cyprididae Potamocypris D 4         −0.73 ± 0.11   
Cyprididae Plesiocypridopsis D 2  −0.8 ± 0.13   
Cyprididae Cypria D 23  −0.98 ± 0.20   
Cyprididae (2)   D, C, L&L  31 0.80 −0.77 ± 0.08 −0.075 ± 0.004 
       
Cytherideidae Cytherissa VG, D 92  −0.79 ± 0.32   
Cytherideidae Cyprideis MB 34  −1.28 ± 0.68   
Cytherideidae   VG, D, MB  126 0.51 −0.88 ± 0.29 −0.057 ± 0.012 
       
Limnocytheridae Limnocythere 
VG, VDM, 
D 42  −1.18 ± 0.18   
Limnocytheridae Limnocytherina D 8  −1.12 ± 0.05   
Limnocytheridae   
VG, VDM, 
D  50 0.65 −1.12 ± 0.05 −0.058 ± 0.005 
        
Trachyleberididae Henryhowella D&B, B 17 - −1.08 ± 0.17d −0.124 ± 0.022 
a Abbreviations have the following meaning, X: Xia et al. (1997a,b), VG: von Grafenstein et al. (1999b), K: Keatings et al. 936 
(2002), D: Decrouy et al. (2011b), C: Chivas et al. (2002), L&L: Li and Liu (2010a), MB: Marco-Barba et al. (2012), VDM: 937 
Van der Meeren et al. (2011), D&B: Didié and Bauch (2002), B: Bornemann et al. (2012) 938 
b Average difference (±1σ) in ‰ between 𝜀𝑜𝑜𝑜𝑜/𝑤 and 𝜀𝐻𝐶𝑉3−/𝑤 (𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3−) for ostracod calcite that precipitated in 939 
environments where the carbonate ions represent < 2% of the DIC pool (𝜀𝐻𝐶𝑉3−/𝑤 calculated from Beck et al., 2005). 940 
c Slope (± 1SE) of the linear regression between 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3−  and [CO3
2-]/[DIC] for ostracod data belonging to the same 941 
family and with the intercept of the linear regression forced to equal the family mean Δ value.          942 
d Calculated by extrapolating the 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3−  vs [CO3
2-]/[DIC] linear regression to [CO32-]/[DIC] = 0.  943 
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Figure 1 Geographic locations of ostracod and water sampling sites. Filled circles indicate field 944 
studies where living ostracods and water samples were collected in tandem while unfilled circles 945 
indicate the locations of water sampling for ostracod culture experiments. In the legend, capital letters 946 
in parentheses designate ostracod studies: C: Chivas et al. (2002), D&B: Didié and Bauch (2002), B: 947 
Bornemann et al. (2012), L&L: Li and Liu (2010a), X: Xia et al. (1997a,b), VDM: (Van der Meeren 948 
et al., 2011), MB: Marco-Barba et al. (2012), VG: von Grafenstein et al. (1999), K: Keatings et al. 949 
(2002), D: Decrouy et al. (2011a,b). 950 
Figure 2 Oxygen isotope fractionation between ostracod calcite and water (𝜀𝑜𝑜𝑜𝑜/𝑤) over the 951 
temperature range −1 to 28°C. (A) All data in the database shaded by the uncertainty on 𝜀𝑜𝑜𝑜𝑜/𝑤 (< 1 952 
‰ black; > 1 ‰ white; see method for calculations of uncertainties). (B) Same as (A) but for data 953 
with uncertainties in 𝜀𝑜𝑜𝑜𝑜/𝑤 < 1‰ and colour shaded with reference to the ostracod taxonomic 954 
family. (C) Same as (A) but for data with uncertainties in 𝜀𝑜𝑜𝑜𝑜/𝑤 < 1‰ and colour shaded with 955 
reference to the ostracod sampling location (filled diamonds) or the sampling location of water used in 956 
ostracod culture experiments (unfilled circles). Capital letters in the legend designate ostracod studies: 957 
C: Chivas et al. (2002), D&B: Didié and Bauch (2002), B: Bornemann et al. (2012), L&L: Li and Liu 958 
(2010a), X: Xia et al. (1997a,b), VDM: (Van der Meeren et al., 2011), MB: Marco-Barba et al. 959 
(2012), VG: von Grafenstein et al. (1999), K: Keatings et al. (2002), D: Decrouy et al. (2011a,b). Data 960 
for which uncertainties in 𝜀𝑜𝑜𝑜𝑜/𝑤 could not be fully assessed are indicated by black centred diamonds 961 
in panel (B) and (C). Each panel also shows the oxygen isotope fractionation between slowly 962 
precipitated inorganic calcite and water (𝜀𝑐/𝑤, black line) as in Kim and O’Neil (1997) and the 963 
oxygen isotope fractionation between bicarbonate ions and water (𝜀𝐻𝐶𝑉3−/𝑤, dark blue line) and 964 
between carbonate ions and water (𝜀𝐶𝑉32−/𝑤, light blue line) as in Beck et al. (2005). Uncertainties in 965 
𝜀𝑐/𝑤, 𝜀𝐶𝑉32−/𝑤, 𝜀𝐻𝐶𝑉3−/𝑤 values are indicated by the line thicknesses. This data compilation shows that 966 
all ostracod 𝜀𝑜/𝑤 values are contained between the 𝜀𝐻𝐶𝑉3−/𝑤 and 𝜀𝐶𝑉32−/𝑤 values. 967 
Figure 3 Relationships between DIC speciation, pH and salinity for each ostracod sampling site 968 
(filled circles) and water used in ostracod culturing experiments (unfilled circles). The molar 969 
proportion of (A) carbonate ions ([CO32-]/[DIC]), (B) bicarbonate ions ([HCO3-]/[DIC]) and (C) 970 
aqueous carbon dioxide plus carbonic acid ([CO2(aq)]/[DIC]) are presented as a function of pH and 971 
salinity. The relationship between DIC speciation and pH for seawater at 25°C and for salinities 972 
ranging from 0 to 50 g/kg is indicated by the continuous black lines (computed using the chemical 973 
equilibrium constants of Millero et al., 2006; salinity values written on each line). Dashed lines 974 
represent extrapolations of Millero’s equilibrium constants for a salinity of 65 g/kg. In the legend, 975 
capital letters in parentheses designate ostracod studies and have the following meaning: C: Chivas et 976 
al. (2002), D&B: Didié and Bauch (2002), B: Bornemann et al. (2012), L&L: Li and Liu (2010a), X: 977 
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Xia et al. (1997a,b), VDM: (Van der Meeren et al., 2011), MB: Marco-Barba et al. (2012), VG: von 978 
Grafenstein et al. (1999), K: Keatings et al. (2002), D: Decrouy et al. (2011a,b). 979 
Figure 4 Carbonate ion effects on the difference between the 𝜀𝑜𝑜𝑜𝑜/𝑤 and 𝐻𝐶𝑉3−/𝑤values 980 
(𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3−). (A) 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− as a function of the calculated carbonate ions molar proportion to the 981 
DIC pool in the host water ([CO32-]/[DIC]). The data are shaded by the uncertainty on 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− and 982 
[CO32-]/[DIC] (𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− < 1 ‰ and [CO3
2-]/[DIC] < 10 % black; 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− > 1 ‰ or [CO3
2-983 
]/[DIC] > 10 % white; see Methods for calculations of uncertainties). (B) Same as (A) but for data 984 
with low uncertainties in 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− and [CO3
2-]/[DIC] and colour shaded with respect to the 985 
ostracod taxonomic family. (C) Same as (B) but with 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− plotted as a function of the 986 
carbonate ion molar concentration in water ([CO32-]). (D) Same as (C) but for [CO32-] < 1.6 mmol/kg. 987 
In each panel, the error bars represent the uncertainties in 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− and [CO3
2-]/[DIC]. Data for 988 
which uncertainties in 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− and [CO3
2-]/[DIC] could not be fully assessed are indicated by 989 
black centred diamonds in (B), (C) and (D). Each panel also shows the 𝛥𝐻𝐶𝑉3−−𝐻𝐶𝑉3− (0 ‰ by 990 
definition, dark blue line), 𝛥𝐶𝑉32−−𝐻𝐶𝑉3− (light blue line) and 𝛥𝐶𝐶𝐶𝑉3−𝐻𝐶𝑉3− (dark line) values calculated 991 
using the 𝜀𝑐/𝑤 from Kim and O’Neil (1997) and the 𝜀𝐶𝑉32−/𝑤 and 𝜀𝐻𝐶𝑉3−/𝑤 from Beck et al. (2005); the 992 
line thicknesses represent the uncertainties in 𝛥𝑥−𝐻𝐶𝑉3−. In (A) and (B), the grey line represents the 993 
𝛥𝑐−𝐻𝐶𝑉3− expected for calcite precipitating instantaneously and quantitatively from the sum of 994 
carbonate and bicarbonate ions in water (dashed grey lines indicate the upper and lower uncertainty of 995 
the latter mixing line). These data suggest that 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− is a function of the [CO3
2-]/[DIC] 996 
concentration ratio of the host water rather than the absolute [CO32-] concentration. 997 
Figure 5 The effect of dissolved carbon dioxide and carbonic acid ([CO2(aq)]/[DIC]) on the difference 998 
between the 𝜀𝑜𝑜𝑜𝑜/𝑤 and 𝜀𝐻𝐶𝑉3−/𝑤 values (𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3−). Uncertainties in 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− and 999 
[CO2(aq)]/[DIC] are indicated by the error bars (see Methods section for calculations of uncertainties). 1000 
The 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− values are compared to the 𝛥𝐻𝐶𝑉3−−𝐻𝐶𝑉3−  (0 ‰ by definition, dark blue line), the 1001 
𝛥𝑐−𝐻𝐶𝑉3−  value for slowly precipitated inorganic calcite as in Kim and O’Neil (1997) (black line) and 1002 
the maximum 𝛥𝑐−𝐻𝐶𝑉3− values expected for inorganic calcite precipitated instantaneously and 1003 
assuming complete consumption of the DIC pool (grey field). The latter values are calculated from an 1004 
isotopic mass balance between bicarbonate ions and hydrated CO2. These data suggest that 1005 
𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− is insensitive to the host water [CO2(aq)]/[DIC] ratio. 1006 
Figure 6 Taxonomic variations in 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− for environments with negligible carbonate ions 1007 
([CO32-]/[DIC] < 2%). (A) Box plot summary of 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− values for various ostracod genera and 1008 
studies. Each box plot represents the minimum, 1st quartile, median, 3rd quartile and maximum value. 1009 
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Data from Candonids are in purple, Cyprids in red, Cytheroids in orange and Limnocytherids in 1010 
yellow. The 𝛥𝐻𝐶𝑉3−−𝐻𝐶𝑉3− value (0‰) is indicated by the horizontal line. Capital letters in parentheses 1011 
on the x-axis refer to the following studies: D: Decrouy et al. (2011b), K: Keatings et al. (2002), VG: 1012 
von Grafenstein et al. (1999), MB: Marco-Barba et al. (2012). (B) Measured δ18OCandonid (von 1013 
Grafenstein et al., 1999; Keatings et al., 2002; Decrouy et al., 2011b) versus estimated δ18Obicarbonate. 1014 
The δ18Obicarbonate value was estimated using measured δ18Ow from the Candonid studies and the 1015 
temperature dependence of the equilibrium oxygen isotope fractionation factor between bicarbonate 1016 
ions and water (Beck et al., 2005). Where the contribution of carbonate ions to the host water DIC 1017 
pool is negligible, the 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− value is primarily determined by the ostracod taxonomic family or 1018 
genus. 1019 
Figure 7 Comparison of measured and modelled 𝜀𝑜𝑜𝑜𝑜/𝑤 values. (A) Measured vs modelled 𝜀𝑜𝑜𝑜𝑜/𝑤 1020 
values for data with uncertainties in measured 𝜀𝑜𝑜𝑜𝑜/𝑤 < 1 ‰ and uncertainties in [CO32-]/[DIC] < 10 1021 
%. (B) Difference between measured and modelled 𝜀𝑜𝑜𝑜𝑜/𝑤 values (𝛥𝑠𝐶𝑜𝐶−𝑚𝑜𝑠𝑚𝑚) as a function of the 1022 
[CO32-]/[DIC] ratio. On the right side of panel (B) is shown the frequency distribution of the 1023 
𝛥𝑠𝐶𝑜𝐶−𝑚𝑜𝑠𝑚𝑚 values colour shaded with respect to the ostracod taxonomic family. Uncertainties in 1024 
measured and modelled 𝜀𝑜𝑜𝑜𝑜/𝑤 and in the [CO32-]/[DIC] ratio are indicated by the error bars. Data for 1025 
which uncertainties in measured 𝜀𝑜𝑜𝑜𝑜/𝑤 and [CO32-]/[DIC] could not be fully assessed are indicated 1026 
by black centred diamonds. 1027 
Figure 8 δ18O vs δ13C for contemporaneous ostracods that calcified in a single environment with 1028 
negligible carbonate ions ([CO32-]/[DIC] < 2%), near constant water δ18O (−12.5 ±0.25 ‰), 1029 
temperature (5 ±1 °C), salinity (< 0.3 g/kg) and DIC δ13C (−8.0 ±1.0 ‰). The data represent living 1030 
ostracods sampled at a 70 m water depth in Lake Geneva (Decrouy et al., 2011a). Individual 1031 
measurements (small diamonds) and the average δ18O and δ13C values of each ostracod species (large 1032 
diamonds) are shown. The absence of correlation between ostracod δ18O and δ13C among individuals 1033 
of the same species and between ostracods from different species suggests that kinetic isotope effects 1034 
related to the hydration or hydroxylation of metabolic CO2 are unlikely to explain taxonomic 1035 
differences in ostracod δ18O. 1036 
Figure 9 γ versus 𝛥 for Candonids (purple), Cyprids (red), Cytherids (orange), Limnocytherids 1037 
(yellow) and Trachyleberids (green). The γ versus 𝛥 relationship expected from Eq. (7) is the grey 1038 
line whose width integrates the uncertainties (1σ) of 𝜀𝐶𝑉32− 𝑤⁄  and 𝜀𝐻𝐶𝑉3− 𝑤⁄  as in Beck et al. (2005). 1039 
Figure 10 Difference between the 𝜀𝑜𝑜𝑜𝑜/𝑤 and 𝜀𝐻𝐶𝑉3−/𝑤 values (𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3−) as a function of salinity. 1040 
Uncertainties in 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− and salinity are indicated by the error bars (see Methods section for 1041 
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calculations of uncertainties). Data for which uncertainties in 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− and salinity could not be 1042 
fully assessed are indicated by black centred diamonds. The 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− data are compared to the 1043 
𝛥𝐻𝐶𝑉3−−𝐻𝐶𝑉3− (0 ‰ by definition, dark blue line), 𝛥𝐶𝑉32−−𝐻𝐶𝑉3− (light blue line, calculated from Beck et 1044 
al., 2005), and the 𝛥𝐶𝐶𝐶𝑉3−𝐻𝐶𝑉3− value for slowly precipitated inorganic calcite as in Kim and O’Neil 1045 
(1997) (dark line); the line thicknesses represent the uncertainties in 𝛥𝑥−𝐻𝐶𝑉3−. Arrows indicate results 1046 
from the culture experiments of Chivas et al. (2002) and Li and Liu (2010a). These data suggest that 1047 
variation in salinity do not fully explain the 𝛥𝑜𝑜𝑜𝑜−𝐻𝐶𝑉3− value. 1048 
Figure 11 Impacts of lake level, salinity and pH on Lake Qinghai’s estimated water δ18O value during 1049 
the Holocene. (a) Lake level variations relative to the present lake level (3194 m) estimated from 1050 
AMS 14C and optically stimulated luminescence dating of shoreline deposits (black circles), nearshore 1051 
sediment (grey squares), and ruppia seeds (green diamonds) (Liu et al., 2015). (b) Lake water salinity 1052 
inferred from the ostracod Sr/Ca ratio (Zhang et al., 1994). (c) Lake water pH inferred from salinity 1053 
(b) and the modern correlation between pH and salinity in Lake Qinghai and surrounding lakes (pH = 1054 
1.54 log(salinity) +7.04; panel i). (d) Ostracod δ18O record showing a 6‰ increase between the early 1055 
Holocene to the late Holocene (Li and Liu, 2014). (e) Bottom lake water δ18O value inferred from (d) 1056 
and corrected for the effect of water depth on the ostracod δ18O value (blue curve). (f) Bottom lake 1057 
water δ18O value inferred from (d) and corrected for the effect of carbonate ions on the ostracod δ18O 1058 
value (green curve). (g) Bottom lake water δ18O value inferred from (d) and corrected for the 1059 
cumulative effect of carbonate ion and water depth on the ostracod δ18O value (orange curve). The 1060 
grey curves in (e), (f) and (g) represent the reconstructed bottom lake water δ18O value from (d) 1061 
assuming no water depth and carbonate ion effect on the ostracod δ18O value. The estimated effect of 1062 
‘water depth’, ‘carbonate ion’ and ‘water depth + carbonate ion’ on the ostracod δ18O value is shown 1063 
as the difference in δ18O value between the grey and coloured curves (Δ18Ouncor-cor) in (e), (f) and (g) 1064 
respectively. Each time series except (a) is presented as a 1000 year running mean with steps of 50 1065 
years. In each panel, the thick line represents the mean value while the bracketing thin lines represent 1066 
the mean value plus or minus 1 standard error. (h) The effect of ostracod calcification depth on the 1067 
δ18Oostr value of modern Limnocythere inopinata and Eucypris mareotica valves from Lake Qinghai 1068 
(data from Liu et al., 2009). (i) Modern relationship between pH and salinity in Lake Qinghai and 1069 
surrounding lakes from the NE Tibetan plateau (data from Li et al., 2010c and Xu et al., 2010). These 1070 
data suggest that ~ 4‰ of the 6‰ increase in ostracod δ18O between the early Holocene to the late 1071 
Holocene could be attributed to the effect of a decreasing salinity and pH associated with and an 1072 
increasing water depth. 1073 
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